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indicate the observed S, ScS travel times respectively. Blue 

and green vertical lines indicate the theoretical S, ScS travel 

times respectively. The left panels show the epicentral distance 

of the events corresponding to the traces. 
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Figure S2.1d Fair quality tangential (middle panel) and the corresponding 

radial (right panel) seismograms, whose ScS reflection points 

sample the geoid high region. Red and pink vertical lines 

indicate the observed S, ScS travel times respectively. Blue 

and green vertical lines indicate the theoretical S, ScS travel 

times respectively. The left panels show the epicentral distance 

of the events corresponding to the traces. 
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Abstract 

 

 The lowermost mantle region above the Core Mantle Boundary (CMB) that is 

around ~200 to 300 km at the base of the mantle is known as the D″ layer (Figure 1).  

The global P-wave tomography model of the Earth's lower mantle distinguished the    

D″ layer as a region having 1% higher velocities at the CMB (Dziewonski et al., 1977; 

Dziewonski, 1984; Inoue et al., 1990). In addition to this high velocity layer, the Ultra-

Low Velocity Zones (~30% lower) above the CMB (Garnero et al., 1998) are also 

considered as constituents of the D″ layer. Seismological observations suggest that the 

D″ layer is extremely heterogeneous (Helmberger et al., 2005; Houser, 2007). 

Investigating the nature of this hitherto poorly understood layer is a matter of great 

interest since the D″ layer being a thermal boundary layer plays an important role in 

driving the mantle convection process. Seismic anisotropy is an important diagnostic to 

elucidate the character of the D″ layer.  The type of anisotropy is linked to the dynamic 

behavior of mantle materials at the pressure and temperature conditions of CMB. The 

origin of D″ layer anisotropy is primarily attributed to a dislocation creep regime 

associated with high strain deformation (e.g., bridgmanite (Pv) to post-perovskite (pPv) 

(Tsuchiya et al., 2004a, 2004b)) due to the impingement of slab graves at the CMB 

(McNamara et al., 2001, 2002) and orientation of melt pockets (Kendall and Silver, 

1998). The existence of anisotropy in the D″ layer is demonstrated by a number of 

studies (e.g., Lay and Helmberger, 1983; Vinnik et al., 1995; Wookey et al., 2005a; Ford 

et al., 2006;  Wang and Wen, 2007; Long, 2009; Nowacki et al., 2010; He and Long, 

2011; Lynner and Long, 2014; Long and Lynner, 2015). However, in some regions like 

the Atlantic (Garnero et al., 2004b) and portions of the central Pacific (Kendall and 
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Silver, 1998), the D″ layer is either isotropic in nature or probably weakly anisotropic in 

a given direction. Other studies (Kaneshima and Silver, 1992; Meade et al., 1995; 

Montagner and Kennett, 1996) indicated that the lower mantle in bulk is isotropic. 

 

The geoid anomalies observed on the Earth's surface reflect velocity and density 

heterogeneities of the present day lower mantle (Hager et al., 1985; Hager and Richards, 

1989). Forward modeling to explain these features on a global scale suggests lower 

mantle convection as a plausible mechanism, with the maximum source depth for the 

positive anomalies being the CMB and for the negative anomalies being 1200 km 

(Chase, 1979). Interestingly, it has been demonstrated that the present day geoid lows 

have a remarkable spatial coincidence with the reconstructed subduction zones ~125 Ma 

ago (Chase and Sprowl, 1983). The authors explain this intriguing correspondence 

between the modern geoid and ancient plate boundaries in terms of intimate upper and 

lower mantle coupling in the past, or a lag of at least 100 Ma in response of the lower 

mantle to the upper mantle conditions. A global analysis of the correlation between 

various tomographic models and the geoid reveals that the geoid lows are characterized 

by slow seismic velocities in the upper (above 1000 km)  and fast seismic velocities in 

the lower half of the mantle (Spasojevic et al., 2010). The authors indicate that their 

flow models reproduce the geoid minima if the mid-to-upper mantle upwellings are 

positioned above the inferred locations of ancient subducted slabs implying that buoyant 

upwellings above slab graveyards play a significant role in producing the global pattern 

of geoid lows. 

 

The Indian Ocean Geoid Low (IOGL) to the south of the Indian sub-continent is 

the most spectacular geoid anomaly on the globe, that appears as a very long 
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wavelength feature (>15000 km) covering the entire Indian Ocean (Figure 2). A recently 

prepared high resolution (1'x1') geoid anomaly map of the northern Indian Ocean 

generated from altimeter data reveals that the region is dominated by a significant low 

of -106 m south of Sri Lanka (Sreejith et al., 2013). Although many studies attempted to 

localize the origin of this geoid low, a conclusive explanation still remains elusive.  

Spasojevic et al. (2010) state that the IOGL cannot be fit by models that reproduce geoid 

anomalies elsewhere on the globe, with the mantle structure shallower than    1000 km 

explaining only about 20% of the predicted anomaly. Although this can be attributed to 

poor resolution of the global models owing to scarcity of seismic stations and hence ray 

coverage, the role of the deeper mantle features in explaining this anomaly needs closer 

examination. In this study, we investigate differential travel times of core reflected and 

converted phases like ScS, PcP with respect to the parent S and P waves to probe for 

short wavelength variations in shear structure in the lowermost mantle underneath the 

geoid low. These core reflected phases sample regions which cannot otherwise be 

probed due to limitations like deployment of seismic stations in the oceanic regions of 

interest. In this thesis, we present new results regarding the structure of the lowermost 

mantle in terms of compressional wave velocity, shear wave velocity, anisotropy and the 

nature of the D″ layer anomaly beneath the IOGL. 

 

 

 

 

 

 

 

Figure 1: Example of D″ layer. UM: Upper mantle, TZ: Transition zone, LM: Lower mantle. 
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Figure 2: Shows the Indian Ocean Geoid Low, the study region. 

 

 In the present thesis, a large data set of waveforms is analyzed to decipher the 

lowermost mantle structure beneath the IOGL, in detail. For the identification of best 

quality S and ScS phases, 78117 waveforms from 4800 earthquakes recorded at 1227 

broadband seismological stations are utilized. Similarly, for the identification of high 

quality P and PcP phases, 73217 waveforms from 3208 earthquakes recorded at 930 

broadband seismological stations are analyzed. Initially, we investigate the average 

shear wave velocity structure above the CMB below the IOGL utilizing the travel time 

and amplitude residuals of high quality S and ScS phases from 207 earthquakes 

recorded at 276 stations in the epicentral distance range of 36º - 90º. For comparison, 

we also perform a similar exercise for a region of geoid high in the vicinity. Results 

reveal large variations in the ScS travel times indicating that the lowermost mantle 

beneath the IOGL region is heterogeneous. The ScS-S differential travel times are 3 s 

slower than those predicted by the IASP91 model, primarily due to velocity increase in 
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the lowermost mantle beneath the IOGL region and 2 s higher than the IASP91 beneath 

the geoid high region, due to velocity decrease in the lowermost mantle. The largest 

negative residuals (-7.72 s) are concentrated below the IOGL. Iterative matching of 

differential travel time residuals reveals that the maximum positive and negative 

residuals can be explained in terms of a reduction in shear velocity of 0.9% and an 

increase of 1.6% respectively in a ~1000 km thick layer above the CMB (Figure 3). 

Further, the ScS/S amplitude residuals beneath the IOGL are positive, implying high 

impedance contrast at the CMB, owing to the presence of high velocity material. We 

attribute these high velocities to the presence of dehydrated high density slab graveyards 

atop the CMB beneath the IOGL.  

 

Figure 3: The travel time residuals of ScS-S phases plotted at the reflection points of the ScS phases. 

Circles indicate negative residuals and diamonds indicate positive residuals. Size of the symbol is 

proportional to the magnitude of residual. The colors in the symbols indicate the (a) thickness of the 

sampled region above the CMB (b) Percentage velocity perturbations required to explain the observed 

differential travel time residuals. Brown lines are contours of geoid anomaly. 

 

 For a better understanding of the seismic structure of the D″ layer, we modeled 

the compressional and shear wave velocities especially with in the assumed D″ layer 
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utilizing the PcP-P and ScS-S differential travel time residuals. The obtained ScS-S and 

PcP-P differential travel time residuals are corrected for the velocity structure from the 

S phase or P phase bottoming points to the top of D″ layer with the help of global 

tomographic models. In the present study, we utilized the S40RTS global tomographic 

model for the S waves and the GyPSuM compressional global tomographic model for 

the P waves. The corrected differential travel time residuals truly reflect the anomalies 

within the D″ layer (220 thick layer above the CMB).  The corrected PcP-P differential 

travel time residuals vary between -3.85 and 3.53 s. Further, a Monte-Carlo iterative 

method is utilized to explain the obtained differential travel time residuals in terms of 

velocity perturbations within the D″ layer. Results indicate that shear wave velocity 

perturbations in the D″ layer vary from 5% to -4% and the compressional wave velocity 

perturbations varying from 5% to -2.2% (Figure 4). Interestingly, the high 

compressional and shear wave velocity perturbations sample the IOGL region while the 

negative velocity perturbations sample the adjoining geoid high region. The modelling 

results clearly suggest the existence of high velocity material situated above the CMB 

beneath the IOGL. This high velocity material may be attributed to the dehydrated 

Tethyan subducted slabs at the CMB. This hypothesis also gains support from the study 

of Aitchison et al. (2007), which shows that the present day location of IOGL 

corresponds to the reconstructed position of the Tethyan subduction. 
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Figure 4: Percentage of shear wave velocity perturbations (top left panel) and compressional wave 

velocity perturbations (bottom left panel) required to explain the observed differential travel time 

residuals in a 220 km thick layer above the CMB. Averaged shear wave velocity perturbations (top right 

panel) and compressional wave velocity perturbations (bottom right panel) in the bottom 220 km of the 

mantle inferred from the corrected travel time residuals. The velocity perturbations are simply averaged 

over 1°x1° grids with a Gaussian average having a radius of 3°. 

 

 Subsequently, we studied the nature of heterogeneity in the D″ layer with the 

help of the relative behavior of the ratio of change in shear wave velocities to the 

change in compressional wave velocities i.e., R value (R=δlnVs/δlnVp).  It has been 

inferred that R values greater than or equal to 2.5±0.2 cannot be explained by anomalies 

caused only by thermal effects, but also chemical effects. If the R value is less than the 

2.5, then the anomalies are mainly thermal in nature (Masters et al., 2013). In the 

present study, the nature of heterogeneity in the D″ layer has been studied with the help 

of R values. Since it is very difficult to obtain coincident ScS and PcP reflection points 

to calculate the R values, we averaged the obtained compressional and shear wave 
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velocities in the D″ layer using the Gaussian average with a radius of 3º. Further, the R 

values are calculated by using the averaged shear and compressional wave velocities. 

The obtained R values vary from -8 to 8. However, the R values beneath the IOGL vary 

from -2 to 2 (Figure 5). These low R values indicate that the anomalies in the D″ layer 

are may be thermal in origin. 

 

Figure 5: R value calculated using the average P and S wave velocity perturbations in a 220 km thick 

layer above the CMB. 

 

 Further, we investigate the seismic anisotropy of the lowermost mantle beneath 

the IOGL by analyzing splitting of high quality ScS phases corrected for source and 

receiver side upper mantle anisotropy. Results reveal significant anisotropy (∼1.01%) in 

the D″ layer. The observed fast axis polarization azimuths in the ray coordinate system 

indicate a TTI (Tilt Transverse Isotropy) style of anisotropy (Figure 6). A possible 

mechanism for explaining anisotropy beneath IOGL is the LPO deformation of palaeo-

subducted slabs in the D″ layer. The high shear strain required to produce such 

anisotropy can be achieved by high stresses caused by the impingement of palaeo-slabs 
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on the CMB (McNamara et al., 2001; McNamara et al., 2002; Garnero and Lay, 2003; 

Cottaar et al., 2014). Evidence for the existence of high density dehydrated slab 

graveyards in the vicinity of the CMB beneath the IOGL region comes from our results 

from modeling of ScS-S differential travel time residuals, which infer high shear wave 

velocities above the CMB. The existence of such high shear wave velocities at the CMB 

are also evidenced by the S40RTS global tomography model (Ritsema et al., 2011). 

Presence of palaeo-subducted slabs below the region also gains support from the 

coincidence of the present day IOGL with the reconstructed position of the Tethyan 

subduction (Aitchison et al., 2007). Hence, we favor this mechanism to explain the 

observed TTI type of anisotropy beneath the IOGL.  

 

Figure 6: Fast axis polarization directions of D″ layer anisotropy, in the ray coordinate system, plotted at 

the ScS reflection points. Length of the line indicates the magnitude of splitting time. Blue color crosses 

indicate null measurements. Slategray lines are geoid anomaly contours. Inset: Polar histogram of the fast 

axis polarization directions. Blue and brown color lines indicate measurements beneath the IOGL and 

geoid high regions respectively.  
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Chapter-I 

 

Introduction 

 

1.1. Earth's Internal Structure: 

 In the 20
th

 century, it has been evident from studies of seismic wave propagation 

that the earth's interior has a radially layered structure (Figure 1.1). The abrupt changes 

in the seismic velocities or velocity gradients indicate boundaries between the layers; 

each layer having identical physical properties like composition, pressure and 

temperature, etc. Based on these properties, the earth's interior is mainly divided into 

four layers viz. crust, mantle, outer core and inner core. In 1909, Andrija Mohorovicic 

found a single arrival (Pg) while analyzing the compressional waves (P waves) from an 

earthquake that occurred in Croatia. This arrival is observed at distances closer to the 

epicenter of an earthquake. Interestingly, at distances ≥200 km, two arrivals are 

observed, the first one being the Pg arrival and the second one being the Pn arrival, 

which is overtaken by the first arrival (Pg). This conforms that the second arrival has a 

higher speed than the first arrival. From these observations, he described that Pg is the 

direct wave from an earthquake and Pn is the doubly refracted wave that travelled 

partially in the upper mantle. Based on the arrivals of these two phases, the calculated 

velocities of Pg and Pn are ~5.6 km/s and 7.9 km/s respectively. Therefore, it is evident 

that there is a sudden/abrupt increase in velocity at about 54 km depth. This seismic 

discontinuity that separates the crust and mantle is named the Mohorovicic discontinuity 

or Moho. However, the crustal thickness/Moho depth is not consistent throughout the 
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earth. The average crustal thickness is around 33 km, being as small as 5 km under the 

oceans and as much as 60-80 km under the mountain ranges. Further, in 1925, Conrad 

analysed the arrivals from the 1923 Tauern earthquake and distinguished the arrivals of 

Pg & Sg waves in the upper crustal layer and P* & S* waves in the lower layer of crust. 

He noticed that the latter phases have faster velocities (i.e., 6.29 km/s and 3.57 km/s 

respectively) than the Pg & Sg waves and slower velocities than those in the upper part 

of the mantle. Therefore, he described that P* and S* are the head waves from the lower 

layer of the crust and inferred that the continental crust is divided into two layers 

namely an upper crust and the lower crust and the boundary between the upper and 

lower crust is termed as the Conrad discontinuity. Seismologists explained the 

composition of the upper and lower crust as granitic and basaltic respectively, based on 

the early petrological models of the crustal composition and the observed velocities of 

the known materials. The Mohorovicic discontinuity is ubiquitous whereas the Conrad 

discontinuity is not ubiquitous. In general, the seismic waves from an earthquake 

recorded at various distances (increasing from an epicenter) indicate that the seismic 

velocities increase gradually with depth. In contrast to this, Oldham in 1906 observed 

that the travel times of the compressional waves, that traversed through the body of the 

earth have larger travel times (i.e., lower velocities) than expected and he attributed this 

time delay due to the existence of a fluid outer core. In support of this idea,                  

Gutenberg in 1914 described that the seismic waves have a shadow zone. Like the light 

waves form a shadow for an opaque object, the seismic waves from an earthquake form 

a shadow zone for the molten layer (like outer core). That is, between 103°  and 143°  

arc distance, the compressional waves (P waves) are not recorded and at arc distances 

greater than or equal to the 103°, the shear waves (S waves) are not recorded (usually, 

shear waves do not penetrate through the molten layer). Thus, he explained that this is 
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because of the existence of a molten core from a depth of around 2900 km from the 

earth surface. He also observed that the compressional and shear waves are reflected 

from the Core Mantle Boundary (CMB), which are now called PcP and ScS waves. On 

his honour, the CMB is called the Gutenberg seismic discontinuity, which separates the 

two layers i.e., mantle and the outer core. In 1942, Bullen divided the mantle into two 

parts i.e., upper (B and C layers) and lower (D layer) mantle and inferred that the upper 

mantle is characterised by the several discontinuities. According to his study, the 

uppermost mantle is a layer starting from the Mohorovicic discontinuity to a depth of 

around 80-120 km, it is rigid in nature and having higher compressional and shear wave 

velocities and this layer is also called as the lid. The layer comprising of crust and lid is 

known as the lithosphere. The thickness of the lithosphere varies from continents to the 

oceans i.e., beneath the continents the lithosphere thickness is around 100-150 km and 

beneath the oceans it is around 70-100 km. The lateral divisions of the lithosphere are 

called the plates. Seismic refraction studies in North-America and Europe discovered an 

abrupt increase in P and S wave velocities at around 220±30 km depth. This has been 

termed as the Lehmann discontinuity. Later, this discontinuity was confirmed by the 

surface wave studies (Goncz and Cleary, 1976), underside reflections of the depth 

phases from the discontinuity (Vidale and Benz, 1992), reverberations of core reflected 

shear waves (ScS) (Revenaugh and Jordan, 1991b) and P to S conversions (e.g., Sacks 

et al., 1979). Like the Conrad discontinuity, this discontinuity is also not ubiquitous. In 

between the lid and the Lehman discontinuity i.e., around 100-200 km thick layer, the 

velocity gradients of the body waves are weakly negative. This Low Velocity Layer 

(LVL), known as the asthenosphere, plays an important role in plate tectonics. Olivine 

((Mg,Fe)2SiO4) is the most dominant mineral in the upper mantle. Increase in 

hydrostatic pressure with depth causes high pressure transformations of the silicate 
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minerals, which vary the seismic properties. Around 400±10 km depth, olivine gets 

transformed into the closely packed spinel type lattice and this discontinuity is called 

the 410 discontinuity. Another major discontinuity is observed at around 650-670 km 

depth. It is an important feature of the mantle and observed throughout the world. In the 

transition zone i.e., from 410 km to 670 km, the alpha-spinel changes into gamma-

spinel. However, this change does not affect the physical properties. Moreover, at the 

depth of around 670 km the gamma-spinel transforms into pervoskite, which forms the 

lower boundary of the upper mantle. The layers between 410-670 km and 670-770 km 

are known as transition zones, jointly called the C layer (Bullen, 1942). The layer 

between the 670 km and the CMB is known as the lower mantle and it is also called the 

D layer according to Bullen (1942). The composition of the lower mantle is poorly 

understood, mainly this layer consists of oxides, iron and magnesium along with the 

iron-magnesium silicates having perovskite structure. However, in 1936,  Lehmann 

observed that the arrivals of compressional waves at distances >143° are weak, 

providing evidence for the existence of solid inner core ranging from 5150 km to     

6371 km. The molten layer between 2900 km to 5150 km is called as the outer core and 

is also known as E layer (Bullen, 1942), which is mainly composed of iron having 10% 

of nickel and some amount of less-dense non-metallic elements like Si, S and O.  Small 

amount of radioactive elements (40K, 232Th, 235U and 238U) play a major role in the 

heat supply to the core. A transition zone is observed within the core by Bullen, which is 

known as F layer, having negative P wave velocity gradient. The inner core is known as 

the G layer according to Bullen (1942). 
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Figure 1.1: Internal structure of the earth’s interior. 

 

1.2. Lowermost Mantle (D″ layer): 

 The lowermost mantle region ~200 to 300 km above the CMB, known as the   

D″ layer (Figure 1.2), was first introduced into the geophysical nomenclature by Keith 

Edward Bullen. During 1940s, he proposed a spherically symmetric shell model of the 

earth’s interior (i.e., A to G) on the basis of seismic observations made by Harold Jeffrey 

during the thirties and named the lower mantle as the D layer. Subsequently, this layer 

was subdivided into the D′ and D″ layers due to the distinct properties of the lowermost 

mantle (Bullen, 1949; 1950). The origin, velocity variations and anisotropy in the 

lowermost mantle (D″ layer) are explained in the following subsections. 
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Figure 1.2: Schematic representation of D″ layer. UM: Upper mantle, TZ: Transition zone (660-410 km), 

LM: Lower mantle. 

 

1.2.1. D″ layer Origin: 

  The heterogeneous structure of the lowermost mantle (i.e., D″ layer) plays a 

crucial role in the earth's dynamic behavior such as mantle convection, hot plume 

generation and behavior of subducted slabs. The globally accepted observation is that 

the lowermost mantle consists of large as well as small scale heterogeneities, whose 

origin is contentious.  Tomographic studies (e.g., Inoue et al., 1990; Fukao, 1993; Liu 

and Dziewonski, 1994; Wysession, 1996; Li and Romanowicz, 1996; Masters et al., 

1996; van der Hilst et al., 1997; Grand et al., 1997; Boschi et al., 1999; Valenzuela et al., 

2000; Garnero et al., 2000; Karason and van der Hilst, 2001; Becker and Boschi, 2002; 

Ritsema et al., 2011; Moulik and Ekstrom, 2014; French and Romanowicz, 2014; 

Koelemeijer et al., 2016; Durand et al., 2016) of the lowermost mantle reveal that some 

regions on the globe have high velocity anomalous zones. Tkalae et al. (2002), studied 

the P wave velocity structure in the lowermost mantle with the help of PcP-P, PKP (AB-

DF) and PKP (BC-DF) travel times and found velocity perturbation patterns similar to 

those from tomographic studies. For example, the tomographic studies (e.g., Valenzuela 

et al., 2000; Garnero et al., 2000; Karason and van der Hilst, 2001; Becker and Boschi, 
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2002; Ritsema et al., 2011; Moulik and Ekstrom, 2014; French and Romanowicz, 2014; 

Koelemeijer et al., 2016; Durand et al., 2016) reveal high velocity anomalies in the 

lowermost mantle beneath the Indian Ocean. Other studies by Weber (1993), Thomas 

and Weber (1997), Scherbaum et al. (1997), Freybourger et al. (1999, 2001) show 

distinct P and S wave discontinuities or scattering objects at the base of the mantle 

beneath northern Siberia, which are interpreted in terms of cold subducted material at 

the CMB. Results from arrival time tomography studies also indicate that slabs may 

penetrate into the lower mantle in some regions of the world and descend down to the 

CMB (Creager and Jordan, 1986; van der Hilst et al., 1997). Kendall and Shearer (1994) 

measured the thickness of the D″ layer using SdS phases. They indicated that the areas 

where SdS phases were observed are consistent with regions where the high velocity 

anomaly in the lowermost mantle is observed from the tomography (Su et al., 1994). 

The high velocity heterogeneities in the lowermost mantle (D″ layer) are related to slab 

graveyards (subducted slab fragments) suggesting that the lowermost mantle consists of 

enormous megaliths. Another possible reason for the origin of D″ layer is the chemical 

reaction between silicates in the lowermost mantle with the iron alloy in the core. In the 

D″ layer, one of the possible chemical reaction is the reaction of (Mg,Fe)SiO3 

Perovskite with liquid iron to form MgSiO3, SiO2 and FeO, FeSi metal. In addition, it is 

opined that phase transformation of SiO2 to a high pressure phase results in the D″ layer 

and this transformation could cause seismic velocity anisotropy and a ubiquitous 

discontinuity (Kingma et al., 1995). Other studies indicated that the existence of a 

thermal boundary layer at the base of the D″ layer, which transmits around 10 to 15% of 

the earth's heat flow (Devies, 1980).  

 

Kendall and Shearer (1994) proposed a relationship between the lowermost 



Page 8 of 152 

 

mantle flow and the distribution of heterogeneities. Other studies also suggested that the 

D″ layer is a thermal boundary layer formed by the flow of heat from the outer core 

(Jeanloz and Richter, 1979; Jeanloz and Morris, 1986). Also, convection simulations 

(Javis and Peltier, 1984) indicated the existence of a thermal boundary layer in the 

lowermost mantle. Another study tested phase change models by comparing the seismic 

observations with convection modeling results for the origin of the D″ layer 

discontinuity. The best fit model is obtained for phase transitions characterised by       

~6 MpaK
-1 

Clapeyron slope and an elevation above the CMB is of ~150 km under the 

adiabatic temperature (Sidorin et al., 1999). In spite of a number of studies dealing with 

the D″ layer, its origin still remains controversial. Thus, it signifies that this layer may 

have complex structure having all the above characteristics. 

 

1.2.2. Seismic structure in the lowermost mantle: 

  The major discontinuities in the mantle have been detected with the help of 

short period body waves, which are reflected and/or converted to primary (P) or 

secondary (S) waves at these seismic discontinuities (Jeffreys, 1939; Niazi and 

Anderson, 1965; Lay and Helmberger, 1983; Lay, 1989). The mantle primarily consists 

of two seismically distinct regions, the lowermost mantle (D″ layer) region at the base 

of the mantle and the transition zone between the upper and lower mantle in the depth 

range of 410 km to 660 km (Niazi and Anderson, 1965; Lay and Helmberger, 1983; Lay, 

1989). The transition is characterized by two global discontinuities viz. 410 km and   

660 km discontinuities and the transition zone between these discontinuities has 

increased velocity gradients. The lowermost mantle region ~200 to ~300 km above the 

CMB, known as the D″ layer is characterized as a thermal boundary layer above the 

CMB (Jones, 1977). Across the CMB, the density contrast is around 4.3x10
3 

kg/m
3
, 
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which is larger than the density contrast between the surface rocks and the atmosphere 

(2-3x10
3 

kg/m
3
).  

 

 The observations of high frequency scattered body waves, which travel through 

the core or the coda of Pdiff waves (Doornbos and Vlaar, 1973; Bataille et al., 1990; 

Loper and Lay, 1995 and Bataille and Lund, 1996) can be utilized to map the small 

scale heterogeneities whereas tomographic studies will help to delineate the large-scale 

heterogeneities (Dziewonski, 1984; Wysession et al., 1994). The global P wave 

tomography model distinguishes the D″ layer from the earth’s lower mantle as a region 

having 1% higher velocities at the CMB (Dziewonski et al., 1977; Dziewonski, 1984; 

Inoue et al., 1990). In addition to this high velocity layer, the Ultra Low Velocity Zones 

(ULVZs) (~30% lower) above the CMB (Garnero et al., 1998) are also considered as 

constituents of the D″ layer. It has been demonstrated that most of the observed 

variations in travel times of the phases traversing the lowermost mantle and the spatial 

intermittence of the seismic triplication can be reproduced by introducing a ~200 km 

thick ubiquitous first-order discontinuity above the CMB in the global seismic 

tomography models (Sidorin et al., 1999). 

  

 S wave triplications first discovered by Lay and Helmberger (1983) in the 

epicentral distance range of 70° to 95°, suggested that the top of the D″ layer is a first 

order discontinuity with a 2 to 3% velocity jump at a depth of around 2620 km. Also, 

this study indicated that the D″ layer is a material boundary layer, whose depth varies by 

40 km, on an average. Using P waves, Wright et al. (1980, 1985), proposed a first order 

discontinuity at the top of the D″ layer.  Further, PKP and PKKP precursors, anomalous 

travel times of short period PcP, ScS, SKS and PKIKP phases or long period Pdiff and 
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Sdiff waves and P and S wave triplications are utilized to understand the heterogeneities 

region near the CMB (Young and Lay, 1990; Weber, 1993; Garnero and Helmberger, 

1993; Ritsema et al., 1997; Thomas et al., 1999; Niu and Wen, 2001). These studies 

reveal that the lowermost mantle (D″ layer) contains more heterogeneities than 

previously assumed. It was suggested that the 1% P wave velocity perturbation in the 

layer between the 2700 and 2900 km is huge to explain the D″ layer as simply a thermal 

discontinuity (Fukao et al., 1994). Since the high velocity anomalous regions in the 

lowermost mantle are relatively similar to the anomalous high velocity regions in the 

mantle transition zone, it is inferred that these anomalies may be due to the subducted 

oceanic slabs at the CMB, which have traveled to the bottom of the upper mantle       

i.e., 660 km discontinuity, through the lower mantle and settled at the CMB. 

 

 In 1974, Haddon and Cleary observed precursors to PKP phases and suggested 

volumetric heterogeneities in the D″ layer as the possible source of such precursors.  

However, in 1990 Bataille et al., explained that such precursors can also be due to the 

undulations around 300 m amplitude in the CMB. The observed PKIKP precursors of 

the short period waveforms can explain the small scale heterogeneities near the CMB 

(Cleary and Haddon, 1972). From these studies it has been confirmed that the source of 

their observations can be explained by both small scale heterogeneities near the CMB 

and the volumetric changes in the D″ layer.  A global study of PKP precursors could not 

distinguish whether the observed PKP precursors are due to lateral heterogeneities in the 

D″ layer or variations in the topography of the CMB (Bataille and Flatte, 1988). A later 

regional study interpreted that the changes in the onset times of the PKP precursors 

could be due to the existence of seismic scatterers in the lowermost 100 km of the 

mantle to the west of Mexico (Niu and Wen, 2001). PKP precursors have been 
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explained to originate in two ways i) scattering in partial melts at the base of the mantle 

(Thomas et al., 1999) because these scatters have been observed where ULVZs have 

been discovered (Garnero et al., 1993; Mori and Helmberger, 1995; Garnero and 

Helmberger, 1995, 1996; Garnero et al., 1998; Revenaugh and Meyer, 1997; Vidale and 

Hedlin, 1998) ii) volumetric scattering; although it was demonstrated that the PKP 

precursors not only due to the scattering volume in the D″ layer but also from the entire 

mantle (Hedlin et al., 1997; Davis, 1984, 1990; Gurnis, 1986). Born approximation 

(Doornbos, 1978; Aki and Richards, 1980) is generally used for analyzing scattering of 

waves based on the single point scattering theory. In 1992, Furumoto measured the 

CMB topography with the help of steep-angle scattered S waves, which do not travel 

through a great circle path. For the calculation of semblance values, migration method is 

utilized, this method is also useful for the detection of small scale heterogeneities of the 

CMB. Different kinds of migration techniques have been applied for the investigation of 

small scale heterogeneities in the lowermost mantle, in various areas (e.g., Lay and 

Young, 1996; Bilek and Lay, 1998; Freybourger et al., 2001). 

 

1.2.3. Spatial variation of velocity in the lowermost mantle (D″ layer):  

 Tomographic models of the lowermost mantle (Inoue et al., 1990; Fukao, 1993; 

Liu and Dziewonski, 1994; Wysession, 1996; Li and Romanowicz, 1996; Masters et al., 

1996; van der Hilst et al., 1997; Grand et al., 1997; Boschi et al., 1999; Valenzuela et al., 

2000; Garnero et al., 2000; Karason and van der Hilst, 2001; Becker and Boschi, 2002; 

Simmons et al., 2010; Ritsema et al., 2011; Moulik and Ekstrom, 2014; French and 

Romanowicz, 2014; Koelemeijer et al., 2016; Durand et al., 2016) indicate global scale 

variation of velocities in the lowermost mantle (Figure 1.3 and 1.4). The most distinct 

features in the global shear velocity models of the lower mantle are the regions of large 



Page 12 of 152 

 

low velocity beneath the western Pacific and Africa and the high velocity regions 

surrounding the Pacific Ocean and the IOGL (Figure 1.3, 1.4, 1.5 and 1.6). Hager et al. 

(1985), inferred that the global variation of velocity anomalies is consistent with the 

distribution of gravity. Global tomographic models (Ritsema et al., 2011; Becker and 

Boschi, 2002) show around ~0.8% P and ~2% S wave velocity anomalies beneath the 

IOGL. 

 

Figure 1.3: Various shear wave tomographic models (a) Grand et al. (1997), (b) Liu and Dziewonski 

(1994), (c) Li and Romanowicz (1996) and (d) Masters et al. (1996) in the lowermost mantle (Modified 

after Garnero et al., 2000).  
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Figure 1.4: Recent shear wave tomographic models (a) S362WMANI+M (Moulik and Ekstrom, 2014), 

(b) SEMUCB-WM1 (French and Romanowicz, 2014), (c) SP12RTS (Koelemeijer et al., 2016) and (d) 

SEISGLOB1 (Durand et al., 2016) at 2800 km (Modified after Durand et al., 2016).  
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Figure 1.5: S40RTS shear wave tomographic model of the lowermost mantle (Ritsema et al., 2011).  
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Figure 1.6: Pmean compressional wave tomographic model of the lowermost mantle (Becker and Boschi, 

2002). 
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1.2.4. Ultra Low Velocity Zones: 

 The drastic reduction in velocity just above the CMB was discovered several 

years back with the help of core reflected/refracted phases like SKS, PKP, ScP or 

SpdKS. These low velocity layers (e.g., Garnero et al., 1993; Mori and Helmberger, 

1995; Garnero and Helmberger, 1995, 1996; Garnero et al., 1998; Revenaugh and 

Meyer, 1997; Vidale and Hedlin, 1998; Mcnamara et al., 2010) show ~10% reduction in 

P and S wave velocities above the CMB. The velocity within these regions are much 

lower than those observed in travel time tomography models, thus this structure is 

referred as Ultra Low Velocity Zone (ULVZ) (e.g., Garnero et al., 1993; Mori and 

Helmberger, 1995; Garnero and Helmberger, 1995, 1996; Garnero et al., 1998; 

Revenaugh and Meyer, 1997; Vidale and Hedlin, 1998). Such extensive ULVZs are 

discovered beneath Alaska, central Pacific Ocean, Iceland and Africa. However, in other 

regions that were examined, evidence of ULVZs could not be found, either due to 

absence of ULVZs or their presence as very thin layers. The ULVZs are the most 

exciting anomalous structures at the base of the mantle, showing an average reduction 

of 30% in S wave velocity and 10% in P wave velocity (Garnero and Helmberger, 

1996). Beneath western Siberia, Thomas et al. (1998), observed a reflected phase from a 

ULVZ in the D″ layer, located 282 km above the CMB having a thickness of 8 km. The 

major cause of the ULVZs is the partial melt in the D″ layer, which reduces the S wave 

velocity. However, only partial melts will not cause ULVZs, as evident from Gulf of 

Alaska (Castle and van der Hilst, 2000), where only a reduction in P wave velocity is 

found. This prompted that the cause of the ULVZ could be of chemical origin as well. 

An interesting correlation has been observed between the spatial variation of seismic 

wave velocity at the base of the mantle and existence of ULVZs. It has been suggested 

that the ULVZs are correlated to the low velocity regions inferred from the tomographic 

https://www.researchgate.net/profile/A_Mcnamara
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studies (Castle et al., 2000). The globally identified ULVZs (Mcnamara et al., 2010) are 

shown in Figure 1.7. 

 

Figure 1.7: Global distribution of Ultra Low Velocity Zones (ULVZs) (Mcnamara et al., 2010). 

Background indicates the shear wave tomography model of the lowermost mantle (Ritsema et al., 2004). 

 

1.2.5. Thermal and Chemical heterogeneities in the lowermost mantle: 

 Generally, the lower mantle is considered to be a relatively uniform layer. 

However, properties vary radially because of self-compression and heterogeneities exist 

within the lowermost mantle (D″ layer). Further, it is considered as a thermal boundary 

layer as a result of heat fluxing from the core into the mantle. Geodynamo calculations 

strongly support the existence of a thermal boundary layer, which suggests that to 

sustain the convective regime of the core, there must be some net flux of heat out of the 

core. Since the most prominent compositional boundary is the CMB, a conductive 

boundary layer must exist at the base of the D″ layer, with a superadiabatic temperature 

gradient, thus allowing the heat flux from the core (e.g., Stacey and Loper, 1983). Over 

time, these kind of thermal boundary layers thicken and create heterogeneities. 

https://www.researchgate.net/profile/A_Mcnamara
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Estimates of the temperature at the CMB are of the order of 2700 to 4200ºC (Williams, 

1998). For example, if the thermal boundary layer does not exist in the transition zone 

or mid mantle, then the temperatures are reduced to the range of 1000±500ºC at the 

lower mantle thermal boundary layer, which is similar to the Lithosphere boundary.  The 

thermal gradients superjacent the CMB are due to the lateral variation of temperatures at 

the deep mantle. However, the boundary layer thickness is not uniform because of the 

pressure effects on the material properties. The existence of partial melts and chemical 

heterogeneities are in question, however, the thickness of the boundary layer may be as 

much as few hundred kilometers, which is thicker than the lithospheric thermal 

boundary layer. To constrain the properties of the thermal boundary layer, it is essential 

to measure the velocity gradients superjacent the CMB more precisely. However, the 

lateral variation in the gradients of the velocity appears to pose a problem (Stacey and 

Loper, 1983; Lay and Helmberger, 1983a; Doornbos et al., 1986; Looper and Lay, 

1995).  

 

 Similar to the lithosphere, the thermal boundary layer at the CMB undergoes 

strong vertical and lateral flow in the form of upwellings due to the instabilities of the 

thermal boundary layer (hot material) and the downwellings i.e., the cooler material. 

However, as a low viscosity and hot layer, there is a possibility of much more small 

scale structures in the D″ layer than in the cold lithosphere. An accepted fact is that 

within the boundary layer, thermal heterogeneities are partially responsible for the 

seismic inhomogeneities detected by Bullen (1949). It also appears that more than the 

thermal heterogeneities, chemical heterogeneities are prevalent. Generally, seismic wave 

velocity variations near the earth’s surface are not attributed to the thermal effects alone 

(i.e., temperature variations), chemical heterogeneities also play an important role. 
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Similarly, the lowermost mantle boundary layer adjacent to the largest contrast of the 

density in the earth heightens, probably due to the existence of chemical heterogeneities 

in the D″ layer. This process may involve stratified density residue from the processes 

of the earth’s core formation, chemical differentiation of the mantle and the chemical 

reactions between the mantle and core (Lay, 1989; Knittle and Jeanloz, 1989; Goarant et 

al., 1992; Jeanloz, 1993; Manga and Jeanloz, 1996). Due to the existence of both 

thermal and chemical heterogeneities in the lowermost mantle, the region is considered 

as a thermochemical boundary layer (Lay, 1989; Anderson, 1991; Lay et al., 2004a). 

 

1.2.6. Seismic anisotropy of the D″ layer: 

 Seismic anisotropy is defined as the birefringence of the S wave into orthogonal 

polarizations with these two quasi waves travelling with different velocities depending 

on the mineralogical alignment or petrographic fabrics. Shear wave anisotropy existence 

in the lowermost mantle provides additional constraints on the nature of the D″ layer. 

Initially, the travel time difference between the transverse and radial components of the 

core reflected shear waves (ScS) are observed (Mitchell and Helmberger, 1973; Lay and 

Helmberger, 1983). However, until the 1980s, the cause of the observed travel time 

differences is not considered as due to anisotropy in the D″ layer. Cormier (1986) 

modeled the observed travel time differences in a transversely isotropic D″ layer. 

Further, in 1996, Kendall and Silver proposed that the slab graveyards at the CMB may 

produce anisotropy in the D″ layer. These regions are associated with high velocities in 

the lowermost mantle because of the velocity contrast between the material that 

formerly constituted the oceanic crust and the lithospheric mantle. Also, they found 

travel time differences between the radial and transverse components of the direct shear 

waves (S) or core reflected shear waves (ScS) (upto 5 s). Similarly, beneath Alaska (Lay 
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and Young, 1991; Matzel et al., 1996; Garnero and Lay, 1997) and northeastern Pacific 

(Vinnik et al., 1995; Ritsema et al., 1998; etc.) travel time differences were observed. 

However, in some regions, for example beneath the central Pacific region, smaller travel 

time differences (-2 to 2 s) were observed where the shear wave velocity is low (Pulliam 

and Sen, 1998; Ritsema et al., 1998; Russel et al., 1998). The D″ layer anisotropy 

beneath the Pacific region is explained based on the anomalous high amplitude SVdiff 

observations at epicentral distances greater than 106°.  Also, it is observed that SVdiff 

phase is delayed approximately a quarter period and this phase has a frequency higher 

than the SHdiff phase. In contrast to this observation, using the waveforms of Fiji 

earthquake recorded at the south central USA stations, Pulliam and Sen (1998) reported 

that the radial component of the S/ScS arrives faster than the transverse component of 

the S/ScS. While the waveforms of Fiji event recorded in Canada showed evidence for 

small S/ScS splitting, the records in South America suggest that the D″ layer beneath 

southern Pacific is isotropic in nature (Kendall and Silver, 1998). At the same time, 

other studies indicate the existence of strong anisotropy in localised regions below the 

Pacific (Vinnik et al., 1998; Russel et al., 1998). Beneath the Indian Ocean, a ~2.5 s 

travel time difference is observed between the radial and transverse components 

(Ritsema, 2000). In general, beneath Alaska, Antarctic and the Indian ocean regions, a 

VSH > VSV kind of anisotropy is observed (e.g., Fouch et al., 2001; Usui et al., 2008; 

Ritsema, 2000). In the same region, some studies argue for an isotropic nature of the   

D′′ layer (Kendall and Silver, 1996). The D″ layer beneath the Atlantic Ocean is found 

to be isotropic or weakly anisotropic in nature (Garnero et al., 2004b). However, 

beneath the central and southeastern Pacific regions, it is found to be anisotropic albeit 

spatial variability over short length scales, where the two scenarios VSH > VSV and     

VSV > VSH are observed (e.g., Russell et al., 1998, 1999; Ford et al., 2006). A TTI kind 
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of anisotropy has been observed beneath the Caribbean (e.g., Nowacki et al., 2010), east 

Pacific (Long, 2009), northwest Pacific (Wookey et al., 2005a), Siberia (e.g., Wookey 

and Kendall, 2008), southeast Asia (Thomas et al., 2007) and western USA (Nowacki et 

al., 2010). Beneath southern Africa, a varying HTI is observed (Wang and Wen, 2007). 

Studies beneath the boundary of the African LLSVP (Lynner and Long, 2014; Long and 

Lynner, 2015), boundary of the Perm anomaly (Long and Lynner, 2015), northwestern 

Pacific (He and Long, 2011) and southeast Asia (Roy et al., 2014) regions found 

anisotropy, however, they do not comment on the relation between VSH and VSV and the 

kind of anisotropy (Figure 1.8). 

 

Figure 1.8: Summary of the previous studies of D″ layer anisotropy across the globe (Modified after 

Nowacki et al., 2011). 1. Alaska, 2. Antarctic Ocean, 3. Atlantic Ocean, 4. Boundary of the African 

LLSVP, 5. Boundary of the African LLSVP, 6. Boundary of the Perm Anomaly, 7. Caribbean, 8. Central 

Pacific, 9. East Pacific, 10. Indian Ocean, 11. Northwest Pacific, 12. Northwestern Pacific, 13. Siberia, 

14. Southern Africa, 15. Southeast Asia, 16. Southeast Asia, 17. Southeast Pacific, 18. Western USA 

(Table S4.1).  
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1.3. Indian Ocean Geoid Low: 

1.3.1. Geoid: 

 The Geoid has been defined in many ways since 150 years. According to the 

National Geodetic Survey (NGS), the geoid is defined as “the equipotential surface of 

the earth's gravity field that closely approximates the mean sea level” and is used as the 

graphical representation of the earth gravity field. The geoid surface is perpendicular to 

the local plumb line at every point, therefore the geoid heights are measured along the 

plumb lines. However, the geoid cannot be defined accurately mainly because of (i) the 

altimetry, which is used for defining the mean sea level in the oceans. However, 

altimetry is not a global feature because near the polar regions it is missing and (ii) non 

periodic changes in the mean sea level due to the oceanographic effects like water 

density variations, permanent ocean circulations and the atmospheric effects (air 

pressure and wind). 

 

1.3.2. Equipotential Surface: 

 The potential U of mass M is defined as the amount of work necessary to 

bring a particle from infinity to a given distance (R) in the Earth’s gravity field and is 

defined as 

 

U = - GM/R ------------------------------ (1.1) 

 

where, G = Universal Gravitational Constant (G=6.674210*10
-11 

m
3
/kgS

2
) 

               M = Mass of the Earth (M=5.974*10
24

 Kg) 

              R = Radius of the Earth 
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 An equipotential surface is the surface on which the potential is constant at each 

and every point, this means that no work is required to move a mass along the surface. 

For a sphere of given mass (M), the gravitational potential (U) varies only with the 

distance R from the earth’s center, because in equation (1.1) G and M are constants. 

Thus, when R varies, a set of concentric spheres of equipotentials are formed as shown 

in Figure 1.9. The ‘equipotential concentric sphere’ that coincides with the mean sea 

level is called the “Geoid” 

 

Figure 1.9: Equipotential surfaces. 

 

1.3.3. Mean Sea Level: 

 The Mean Sea Level (MSL) is a measure of the average height of the Ocean 

surface (such as the halfway point between the mean high tide and the mean low tide). If 

the ocean did not move, then the Mean Sea Surface (MSS) and the geoid would have the 

same shape. However, the winds, the heating and cooling of the atmosphere driven 

currents lead to difference between the MSS and the geoid being ~1-2 m, even after 

g g 

g g 
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averaging out time dependent motions such as tides. The global sea level changes 

mainly due to the (i) ocean volume, which is associated with thermal expansion of the 

ocean i.e., the ocean water warms up and expands thereby increasing the volume of the 

global ocean, producing a sea level raise and (ii) ocean mass changes, mainly due to the 

melting of glaciers and ice sheets, with some contribution from water stored in 

continental reservoirs (or) groundwater extraction.  

 

 Suppose there is some excess mass (high density) buried under the seafloor. This 

will change the equipotential surface so that it bulges upwards and results in a small rise 

in sea level above the mass excess (Figure 1.10a). Similarly, if there is a mass deficit 

(low density) then the sea surface is slightly depressed below the actual level (Figure 

1.10b).  

 

Figure 1.10: (a) Raise in sea level due to mass excess and (b) depression in sea level due to mass deficit. 

 

1.3.4. Geoid Heights: 

 The Geoid height varies mainly due to mass, density and topography. In 

general, at the mountains, the geoid is above the reference spheroid or ellipsoid because 

at the mountains, the centre of gravity is above the ellipsoid, in which the gravity 

attraction is upwards and at the oceans, the geoid is below the ellipsoid because gravity 

attraction is towards the centre of the Earth (Figure 1.11). If an equipotential surface of 

the earth’s gravity field is below the ellipsoid (a smooth elliptical model of the earth’s 

(a) (b) 
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surface) then it is defined as the “Geoid Low”. Examples of geoid low are in the Indian 

Ocean south of India, Ross Sea, northeast Pacific Ocean and West Atlantic Ocean. If the 

equipotential surface of the earth’s gravity field lies above the ellipsoid then it is called 

the “Geoid High”, such geoid highs are found at the trenches and island arc areas, for 

example, at the equatorial Pacific Ocean north of Australia (Figure 1.12). 

 

Figure 1.11: Geoid undulations.  

 

 

Figure 1.12: The global geoid anomaly map. Colored contour lines indicate the geoid anomaly. 
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1.3.5. Calculation of geoid undulations/heights: 

 The accuracy of the height measurement using Global Position System (GPS) 

mainly depends on the imperfection of the shape of earth. The GPS measures the height 

(h) above the reference ellipsoid that approximates the surface of the earth, which is also 

called the ellipsoid height. The height above the imaginary surface/geoid is called the 

orthometric height (H), which is measured with the help of earth’s gravity and 

approximated by MSL. The difference between the orthometric height and the ellipsoid 

height is called the geoid height/undulation (Figure 1.13), which is expressed as 

 

N = H – h 

 

where, H = orthometric height 

 h = ellipsoid height 

 N = geoid height 

 

Figure 1.13: Different heights. 

 

      Across the globe, the IOGL is the largest geoid anomaly. This is to the south of the 

Indian sub-continent and is the most spectacular feature on the globe, that appears as a 

very long wavelength feature (>15000 km) covering the entire Indian Ocean (Figure 

Surface topography (earth surface or GPS antenna) 

Geoid (MSL) Ellipsoid 
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1.14). A recently prepared high resolution geoid anomaly map of the northern Indian 

Ocean generated from altimeter data reveals that the region is dominated by a significant 

low of -106 m south of Sri Lanka (Sreejith et al., 2013) (Figure 1.14). The lowermost 

mantle beneath the IOGL is the study region of the present work. 

 

Figure 1.14: Indian ocean geoid anomaly map. 

 

1.4. Motivation for the present study: 

 Most of our understanding of the earth’s interior comes from the travel times 

of the seismic waves. Seismic velocities change with depth. Tomography is basically 

the inversion of the travel times, which allows us to map the lateral variations of the 

velocities with respect to a 1D standard velocity model of the earth. However, it cannot 

resolve small scale features. Generally, large amplitude features exist in the upper and 

lowermost mantle regions, where as low amplitude features exist at the lower mantle. 

Out of these regions, the lowermost mantle region, also known as the D″ layer, is one of 

the most important regions. This layer is believed to be as a thermal and chemical 
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boundary layer. Studies of the D″ layer indicate that this layer is highly heterogeneous 

having many unusual features. An increase in the seismic velocities is observed at the 

top of the D″ layer i.e., around 150 to 450 km above the mantle base (Lay and 

Helmberger, 1983; Revenaugh and Jordan, 1991; Kendall and Shearer, 1994). The 

discontinuity of the D″ layer has been globally observed, however, it is unambiguous 

whether it is a continuous feature or not (Nataf and Houard, 1993). Global tomographic 

models inferred the existence of large scale structures having high amplitudes compared 

to the rest of the mantle (Grand, 1997; Ritsema et al., 1999; Masters et al., 2000; 

Antolik et al., 2003). The small scale features include lateral variations in anisotropy 

(Garnero, 2000), strong scattering (Haddon and Cleary, 1974; Bataille et al., 1990; 

Shearer et al., 1998) and Ultra Low Velocity Zones (ULVZs) (Garnero, 2000). Relative 

variations in shear to compressional wave velocities (R) indicate that the R value 

increases with depth (Robertson and Woodhouse, 1995, 1996; Masters et al., 2000; 

Ritsema and van Heijst, 2002). All these studies i.e., compressional, shear wave velocity 

structures of the D″ layer, anisotropy in the D″ layer and the investigation of R values 

will help to understand the dynamics of the mantle and convection processes. That is, 

deciphering the heterogeneity structure in the lowermost mantle is important to 

understand earth's dynamical processes such as mantle convection, generation of hot 

plumes and behavior of the subducted slabs at the CMB. Many studies have been 

initiated to understand the large or small scale heterogeneity in the lowermost mantle.  

A global study to map the thickness of the D″ layer using the SdS phases revealed that 

the areas where SdS phases are observed coincide with the high velocities evidenced 

from the global tomographic model of Su et al. (1994) (Kendall and Shearer, 1994). 

Arrival time tomographic models (Creager and Jordan, 1986; van der Hilst et al., 1997) 

suggested that in some of the regions of the earth, the slab may penetrate into the lower 
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mantle and move down to the CMB. This is also evidenced by distinct compressional 

and shear wave discontinuities or scattering objects beneath the northern Siberia that 

imply the existence of slabs at the CMB (Weber, 1993; Thomas and Weber, 1997; 

Scherbaum et al., 1997; Freybourger et al., 1999, 2001).  The other tomographic models 

(Inoue et al., 1990; Fukao, 1993; Wysession, 1996; van der Hilst et al., 1997; Boschi et 

al., 1999; Valenzuela et al., 2000; Karason and van der Hilst, 2001) also indicate distinct 

high seismic velocity anomaly beneath northern Siberia. However, a detailed 

understanding of the lowermost mantle (D″ layer) beneath the world’s spectacular 

feature i.e., IOGL is not well understood. The present study is a maiden attempt to study 

the lowermost mantle (D″ later) structure beneath the IOGL in terms of compressional 

wave velocity, shear wave velocity, anisotropy and the nature of the D″ layer, which 

help to understand the geodynamics of the mantle. Further, this study provides an 

indirect input to understand the causes of the world’s largest geoid anomaly below the 

Indian Ocean. 

 

1.5. Outlines of the thesis: 

The present work is divided into 5 chapters, with supporting information 

appended at the end. The main contents of each chapter are described below: 

 

Chapter-I presents an overview of Earth’s internal structure and explains in 

detailabout thelowermost mantle structure in terms of compressional and shear wave 

velocities, nature of heterogeneity and anisotropy in the lowermost mantle.Further, the 

importance and motivation of the present study has been discussed. 

 

 Chapter-II deals with the ScS-S differential travel time residuals, modelling 
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and interpretation. The differential travel time residuals are explained in terms of 

velocity perturbations above the Core Mantle Boundary (CMB) with the help of 

forward modeling technique. 

 

 Chapter-III explains in detail the compressional and shear wave velocity 

structure within a 220 km thick layer above the CMB (D″ layer). These velocity 

structures are obtained by applying the Monte Carlo Method to the corrected PcP-P and 

ScS-S differential travel time residuals. Further, it explains the nature of the 

heterogeneity in the D” layer with the help of the modelled P and S wave velocity 

structures. 

 

 Chapter-IV presents an overview of the different methods to explore the D″ 

layer anisotropy and a global summary of D″ layer anisotropy. This chapter mainly 

deals with the D″ layer anisotropy beneath the study region obtained from ScS waves 

corrected for source and receiver side anisotropy. Further, this chapter explains the 

causes for D″ layer anisotropy beneath the study region. 

 

 Chapter-V presents the salient conclusions from the present study.  
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     Chapter-II 

 

Shear wave velocity structure atop the Core Mantle 

Boundary beneath the Indian Ocean Geoid Low 

 

2.1. Introduction: 

 The shear wave velocity structure of the lower mantle is mainly explored using 

two approaches namely seismic tomography and the differential travel time modeling. 

However, tomographic models provide only low resolution, being able to resolve only 

long wavelength (>1000 km) features. Further, these models cannot explain the 

amplitude variations of seismic phases due to the presence of strong variations in 

velocity or topography of the discontinuities. On the other hand, the differential travel 

time approach offers higher resolution or short wavelength information on the structure 

of the lower mantle, making it an effective tool to investigate the seismic structure of 

this geodynamically important region. In this method, suitable data to model the 

velocity structure are the travel time differences between the core-reflected shear waves 

(ScS) and the direct shear waves (S). The advantage of using two phases from the same 

earthquake-station pair is that it removes the uncertainties in earthquake hypocenters, 

focal mechanisms, source time functions, structural heterogeneities of the source region 

and crust and upper mantle heterogeneities beneath the source and receiver side. This 

method provides information on the shear wave structure between the ScS reflection 

point on the CMB to the S phase bottoming depth. The shear wave velocity structure of 

the lower mantle beneath the Indian Ocean Geoid Low (IOGL) is poorly understood. In 
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this study, we investigate variations in the shear structure in the lower mantle and the 

impedance contrast across the CMB beneath the IOGL and the adjacent region of geoid 

high, utilizing differential travel times and amplitude ratios of core-reflected phases 

(ScS) with respect to the direct S phases. The differential travel times minimize the 

effect of source mislocation and seismic heterogeneities in the upper mantle, since ScS 

and S phases propagate along similar ray paths in that region (Figure 2.1). 

 

Figure 2.1: S and ScS ray-paths for epicentral distances between 36° and 90°, for a source depth of       

100 km.  

 

2.2. Data: 

 We initially analyzed 78,117 waveforms from 4800 earthquakes with 

magnitudes  ≥ 5.5, in the epicentral distance range of 5° to 130°, recorded at 1227 

broadband seismological stations for identifying high quality ScS and S phases. The 

stations are operated under the aegis of Incorporated Research Institutions for 

Seismology (IRIS), India Meteorological Department (IMD) and the National 

Geophysical Research Institute (NGRI). The selected events provide dense sampling of 
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the CMB beneath the study region encompassing 40° to 200°E and 45°S to 65°N 

(Figure 2.2a). In order to discard bad quality data in a quick manner, we selected 

waveforms with a signal to noise ratio ≥ 2.5. The SNR was estimated by considering a 

time window (on the R and T components) of 30 s before the theoretical S arrival time 

as noise and 30 s after it, as the signal. We calculated the envelope of the noise and 

signal for these time windows and divided the mean envelope amplitude of the signal 

and noise. The larger of the SNRs from the radial and transverse components is 

considered as the representative one. Further, the S and ScS phases are chosen in such a 

way that the phases are very clear and are free from the interference of other phases like 

SKS, Sdiff and SdS. This resulted in 600 highest quality seismograms from 207 events 

(Table S2.1) recorded at 276 stations (Figure 2.2b) in the epicentral distance range of 

36° to 90°. The corresponding S-wave bottoming depths are in the range of 938 to   

2395 km. The reflected phase from the D″ layer (i.e., Scd) arrives approximately in the 

middle of the direct S and core-reflected ScS phases and does not interfere with these 

phases in this epicentral distance range.  

 

Figure 2.2: (a) Broadband seismological stations (black inverted triangles) and earthquakes (red stars) 

along with the ScS reflected points at the Core Mantle Boundary (red crosses). (b) same as (a) showing 

only the events (black stars), stations (black inverted triangles) and piercing points (pink crosses) 

superimposed on the geoid anomalies, that yielded the best quality SV and SH seismograms used in this 

study.  
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2.3. Measurement of ScS-S differential travel time residuals: 

2.3.1. Manual picking: 

 To enable clear identification of the S and ScS phases, we bandpass filtered the 

ZNE waveforms between 0.05 Hz and 1 Hz and rotated them into the ray coordinate 

(LQT) system using the theoretical incidence angle of the S-wave calculated from the 

IASP91 (Kennett and Engdahl, 1991) global earth velocity model. We then used the 

filtered transverse (SH) and radial (SV) components to manually pick the travel times of 

the observed S and ScS phases. Using both the SH and SV components enabled us to 

ascertain whether the layer few kilometers above the CMB is anisotropic in nature. The 

theoretical S and ScS travel times superimposed on the tangential (SH) and radial (SV) 

component records aligned to the theoretical S travel times and normalized to a peak 

amplitude of unity are shown in Figure 2.3a and b respectively (Figure S2.1a, b, c and 

d). These theoretical times for the event-station geometry (including depth) 

corresponding to the observed waveforms are calculated using the TauP software 

(Crotwell et al., 1999) with IASP91 as the reference velocity model. The differential 

travel time residuals are calculated as: 

  

δTScS-S = [(ΔTScS-S)O - (ΔTScS-S)T] 

 

where, O is observed and T is theoretical 
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Figure 2.3: Examples of observed (a) tangential and (b) corresponding radial seismograms. Red and Pink 

vertical lines indicate observed S, ScS travel times respectively. Blue and Green circles indicate 

theoretical S, ScS travel times respectively. 
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2.3.2. Cross-correlation Method: 

 Keeping in view the subjectivity associated with manual picking, we also 

calculated the differential travel time residuals by cross-correlating the observed and 

synthetic seismograms. We used the transverse components (SH) of the seismograms 

because the SH waveforms are simpler than their radial (SV) counterparts (Russell et 

al., 1999). The synthetic seismograms are generated by the Direct Solution Method 

(Kawai et al., 2006), using the IASP91 model. A time window of 20 s centered around 

the observed and synthetic SH, ScSH phases is considered for cross-correlation. Further, 

we calculated the time delays between the observed and synthetic SH phases by cross-

correlating the seismograms and also estimated the time delays between the observed 

and synthetic ScSH phases. By using these observations, we calculated the differential 

travel time residuals by subtracting the SH delay times from the ScSH delay times. The 

histograms of differential travel time residuals obtained by manual and cross-correlation 

methods beneath the IOGL and the adjoining geoid high region are shown in Figure 2.4. 

The mean and standard deviation of the travel time residuals beneath the geoid low 

region obtained from manual and cross-correlation methods are -0.86084±2.04938 and  

-1.07098±2.77668 respectively. These values beneath the adjoining geoid high region 

are 1.64518±1.64823 and 1.16742±2.91768. From these observations, it is apparent that 

the differential travel time residuals are quite variable and those obtained by manual 

picking are nearly equal to those obtained by cross-correlation.  
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Figure 2.4: Histograms of differential travel time residuals beneath the geoid low region (a) & (b) 

and adjoining geoid high region (c) & (d).  

 

2.4. Estimation of Shear wave velocities atop the CMB - Forward modelling: 

 A simple forward modeling technique is adopted to explain the observed travel 

time residuals in terms of the velocity perturbations above the CMB. For the individual 

SH and the corresponding ScSH travel times, the theoretical times are calculated using 

the TauP toolkit. The source depth and the epicentral distance are kept the same as those 

for the observed phases. For an observed ScSH-SH travel time, we perturb the shear 

velocities in the layers below the S-wave bottoming point to the CMB, until the 

difference between observed and calculated times (anomaly) becomes zero. Although 

the layer depths and thicknesses are fixed as in the IASP91 model, the number of layers 

itself depends on the S-wave bottoming depth; more for smaller epicentral distances and 

less for larger ones (Figure 2.5). Depending on the sign of the anomaly, the shear 

velocities in each layer are incremented (for negative anomalies) or decremented (for 

positive anomalies) in steps of 0.001 km/s. The procedure is iterated to find the optimal 

velocities (Vi) in each layer that collectively reduce the anomaly to zero. During this 
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process, we followed the general rule of increase in velocity with depth implying that 

the layer velocities are not allowed to be less than the layer above or greater than those 

in the layer below. For a given ray path, the weighted average velocities for the IASP91 

Eq. (2.1) and the perturbed Eq. (2.2) models are calculated as:  

 


 

i

ii

standard
h

vh
=V ------------------------------ (2.1) 


 

i

ii

gbestfittin
h

Vh
=V ----------------------------- (2.2) 

 

where, hi (i = 1–n) are layer thicknesses, vi are the corresponding IASP91 velocities and 

Vi are the corresponding perturbed (best fitting) velocities.  

 

 The effective velocity perturbation resulting from all the modeled layers, in 

terms of percentage increase or decrease with respect to the IASP91 model is calculated 

using the following simple expression: 

 

100


standard

standardgbestfittin

S
V

VV
=δV  

 

 This process is repeated for all the travel time residuals whose ray paths sample 

the geoid high and low regions.  
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Figure 2.5: Example showing the modeling approach adopted in this study for an earthquake (star) at 100 

km depth recorded at stations having an epicentral distance of 36° (left panel) and 90° (right panel). 

Keeping the layer depths and thicknesses as in the IASP91 model, we perturb the shear velocities in each 

of the layers in steps of 0.001 km/s.  The number of layers used for modeling depends on the S-wave 

bottoming depth and hence the epicentral distance. 

 

2.5. Measurement of ScS/S amplitude residuals: 

 Further, we utilize the filtered transverse components of the observed and 

synthetic seismograms to calculate the peak-to-peak amplitude ratios of the ScSH and 

SH phases and the amplitude residuals as:  

 

δAScS/S = [(AScS/AS)O - (AScS/AS)T] 

 

where, O is observed and T is theoretical 
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2.6. Results and discussion: 

 The differential travel time and amplitude residuals obtained  are well correlated 

with the geoid undulations, with the negative and positive residuals corresponding to the 

geoid low and high respectively (Figure 2.6a and b). The ScS-S travel time residuals 

obtained both from manual picking of the S and ScS phases (Figure 2.7a and b) and 

cross-correlation (Figure 2.8) method vary from -10 s to +10 s. These travel time 

residuals can be mainly attributed to the travel time variations of the ScS phases rather 

than those of the S phases. This is based on the observation that the residuals of ScS 

phases seem to be positively correlated with the ScS-S residuals (Figure 2.9a). Due to a 

small number of residuals in the range of -4 to -12 and 8 to 12, the positive correlation 

is not so obvious. However, the travel time residuals of the S phases are negatively 

correlated with the ScS-S residuals (Figure 2.9b). The differential travel time residuals 

vary largely and appear scattered, signifying presence of heterogeneity in the deep 

mantle. Interestingly, the majority of the residuals beneath the IOGL region has negative 

values and the geoid high region has positive values. The residuals superimposed on the 

global tomographic model (S40RTS model) (Ritsema et al., 2011) indicate that the deep 

mantle shear velocities are on average higher than those in the global earth velocity 

model (IASP91) beneath the IOGL and lower beneath the geoid high region. The 

negative residuals beneath the IOGL region correlate with the S40RTS shear wave 

tomographic model at the CMB. Also, a partial correlation is observed beneath the 

adjoining geoid high region. However, the global tomographic models reveal long 

wavelength structures (>1000 km) at the base of the mantle and are insensitive to small 

scale structures. Also, these models cannot explain amplitude variations of the phases 

due to presence of strong velocity gradients or discontinuities.  The present study can 

resolve smaller scale structures as the Fresnel zones of the ScS phases are typically 
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~450 km at the CMB. The velocity perturbations in the thick layer below the S phase 

bottoming point to the CMB (Figure 2.10a), obtained from the travel time matching 

technique vary from -0.9% to +1.6% (Figure 2.10b). Most of the velocity perturbations 

are positive beneath the IOGL and negative beneath the geoid high region, providing 

clear evidence for low velocities above the CMB beneath the geoid high and high 

velocity material located above the CMB beneath the geoid low. A maximum change in 

the shear wave velocity beneath the IOGL is 1.6%, which is 2.5% higher than the lowest 

velocity beneath the adjoining geoid high region.  

 

Figure 2.6: Differential travel time residuals of (a) manually picked SH phases and (b) manually 

picked SV phases. The size of symbols is proportional to the magnitudes of the travel time 

residuals. Background in a) and b) indicates the geoid anomalies. Yellow lines are geoid anomaly 

contours. 
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Figure 2.7: Differential travel time residuals of (a) manually picked SH and ScSH phases, (b) manually 

picked SV and ScSV phases. The size of symbols is proportional to the magnitude of the travel time 

residuals. Background in both (a) and (b) indicates the shear wave velocity anomalies at the CMB 

(S40RTS model). Yellow lines are geoid anomaly contours. 
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Figure 2.8: Differential SH travel time residuals obtained from cross-correlation method. The size of 

symbols is proportional to the magnitude of the travel time residuals. Background indicates the shear 

wave velocity anomalies atop the CMB (S40RTS model). Yellow lines are geoid anomaly contours. 

 

Figure 2.9: (a) ScS-S versus ScS travel time residuals. (b) ScS-S versus S travel time residuals. The blue 

line in both (a) and (b) has a slope of unity. 
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Figure 2.10: The travel time residuals of ScS-S phases plotted at the reflection points of the ScS phases. 

Circles indicate negative residuals and diamonds indicate positive residuals. Size of the symbol is 

proportional to the magnitude of residual. The colors in the symbols indicate the (a) thickness of the 

sampled region above the CMB (b) percentage velocity perturbations required to explain the observed 

differential travel time residuals. Brown lines are contours of geoid anomaly. 

 

 The ScS/S amplitude residuals are generally used to measure the impedance 

contrast across the CMB. Although these amplitudes are influenced by many factors 

such as attenuation, velocity, density, velocity gradients in the lower mantle, topography 

on the boundary layers, we use the variations in the amplitude ratios to gain a broad 

overview of velocity and density variations above the CMB. Since we are dealing with 

the deviations of the observed ScS/S amplitude ratios from those predicted by the global 

model (IASP91), we feel that our approach is reasonable. The measured ScS/S 

amplitude residuals in this study vary from -0.5 to 0.7 (Figure 2.11). These amplitude 

residuals are insensitive to the seismic heterogeneities in the shallow mantle compared 

to the lower mantle because the Sobs/Sthe amplitude ratios are very small compared to 

the ScSobs/ScSthe amplitude ratios. Most of the Sobs/Sthe amplitude ratios are in the 

range of 0.8 to 1.4 (Figure 2.12a) and the ScSobs/ScSthe amplitude ratios vary from 0.6 
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to 2.2 (Figure 2.12b). Interestingly, most of the amplitude residuals beneath the IOGL 

are positive, that is, the observed ScS/S amplitudes are higher than the theoretical ScS/S 

amplitudes. The amplitude residuals are negative beneath the region of geoid high, 

suggestive of a low impedance contrast at the CMB. On the contrary, the positive 

amplitude residuals beneath the IOGL signify a high impedance contrast across the 

CMB, probably due to the presence of high velocity or high density materials atop the 

CMB. To understand the sensitivity of the ScS and S amplitudes to the variation in 

compressional, shear velocities and densities, we simulated the waveforms of an 

earthquake from the Northern Sumatra region (origin time 31–10-1994 11:48:15.89) 

that was recorded at eleven stations. We generated synthetic seismograms at each station 

using the focal mechanism solution and measured the changes in the ScS and S 

amplitudes by varying the density, compressional and shear velocities at the CMB.  

From the synthetic data we inferred that the ScS amplitudes are more sensitive to the 

shear wave velocities than the densities above the CMB (Figure 2.13). Thus, it is clearly 

evident that high velocity materials overlie the CMB beneath the IOGL and low velocity 

materials above the CMB beneath the geoid high region, which also gains support from 

the travel time residual results discussed above. As a word of caution, we would like to 

indicate that the peak-to-peak amplitude ratios utilized by us can be an unreliable 

measure solely because they do not take into account information embedded in the 

entire waveform of selected phases and their frequency dependence. An effective means 

to overcome this would be to perform full waveform inversion to illuminate the region 

under study in more detail. The measured SV-SH and ScSV-ScSH differential travel 

times plotted as a function of epicentral distance (Figure 2.14a, b and c) reveal that most 

of the SV-SH differential travel times are within the range of -1 s to 1 s. The differences 

in arrival of the radial and tangential components of the shear wave (SV and SH) can be 
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attributed to the upper mantle anisotropy (that is globally very well established). Also, a 

large arrival time difference is observed in the ScSV and ScSH phases. Though such 

observations may not be unique to this region, high quality picks on both the 

components indicate a large variation in the ScSV-ScSH travel time differences beneath 

the IOGL compared to the adjoining geoid high region. The ScSV-ScSH travel time 

differences in the geoid low region vary from -3.9 s to 4.6 s, well beyond the range 

observed for the S phases (-1 s to 1 s) that sample only the mid-to-upper mantle. Thus, 

this is a clear evidence for the source of strong anisotropy to be present in the lowermost 

mantle, signifying that the D″ layer beneath the region is anisotropic. Absence of such 

large discrepancies in the SV-SH travel times could be due to the fact that the bottoming 

depths of S phases are shallower than 2400 km (Figure 2.14b). Evidence for deep 

mantle anisotropy in the Indian Ocean  is evidenced from an independent study by 

Ritsema, 2000, where a ~2 s variation is observed in the S arrivals on the transverse and 

radial components, which is attributed to a ~350 km thick layer of anisotropy with a 

vertical axis of symmetry superjacent the CMB. An important and interesting 

observation from this study is that only the S phases having an epicentral distance >88° 

that graze the top of the CMB show such high magnitude of delay times indicating 

localized/strong anisotropy in the D″ layer beneath the Indian Ocean (Chapter-IV). 
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Figure 2.11: ScS/S amplitude residuals. Sizes of the symbols are proportional to the magnitudes of the 

residuals. Background indicates the global tomography model at the CMB (S40RTS model) and yellow 

lines are geoid anomaly contours. 
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Figure 2.12: Variation of (a) Sobs/Sthe and (b) ScSobs/ScS theamplitude ratios with epicentral distance. 

 

 

Figure 2.13: Variation of (a) ScS/ScSiasp91 and (b) S/Siasp91 amplitude ratios with epicentral distance 

for 20% increase in: S wave velocity (stars; blue), P wave velocity (circles; green) and density 

(diamonds;red) atop the CMB with respect to the IASP91 model. Lines represent least square fits to the 

data. 
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Figure 2.14: (a) SV-SH travel time differences versus epicentral distance. (b) Histogram of S wave 

bottoming depth. (c) ScSV-ScSH travel time differences versus epicentral distance. The shaded region in 

(a) and (c) indicates possible delays due to the upper mantle anisotropy. Circle and plus symbols in (a) 

and (c) indicate residuals belongs to geoid low and geoid high regions respectively. Blue solid circles and 

plus symbols in (a) and (c) indicate high quality picks on the both the SV and SH components. 
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 The differential travel time and amplitude residuals beneath the IOGL obtained 

in this study signify presence of high velocity materials in the lowermost mantle. These 

high velocities are attributed to the presence of dehydrated high density slab graveyards 

at the CMB beneath the Indian Ocean, which gains support from the study of Aitchison 

et al. (2007) where it is suggested that the position of the present day IOGL corresponds 

to the reconstructed position of the Tethyan subduction. During the travel of the Tethyan 

subducted slab, the mid-to-upper mantle is influenced by (i) the concentration of low 

density subducted slabs and (ii) the huge water content from the oceanic slab that 

triggers various processes like dehydration and metamorphism, which lower the 

velocities (and densities) in the mid-to-upper mantle (Ohtani et al., 2004; Hirschmann, 

2006) in the vicinity. This is also evidenced from the low shear wave velocities in the 

mid-to-upper mantle in the global tomographic model (S40RTS model), which is the 

major contributor to the observed IOGL. Since only 20% of the geoid anomaly in the 

Indian Ocean is related to the shallow mantle structure (<1000 km) (Spasojevic et al., 

2010), the candidate mechanisms to explain the remaining 80% anomaly should reside 

in the lower mantle. The sources are the high density materials (Tethyan slab 

graveyards) as witnessed by the high velocities atop the CMB. The logical explanation 

for the deep source for the IOGL could be (i) due to the recirculation of the Tethyan slab 

graveyards through mantle upwellings, that get influenced by the buoyant hydrated 

mantle environment lowering the velocities/densities above slab graveyards,               

(ii) evidence from the mineral physics studies that there exist two dehydration sites in 

lower mantle (Hirschmann, 2006) – one at the top of the lower mantle and the other at 

1200–1500 km depth, (iii) olivine-water phase relationships (Ohtani et al., 2004). 
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Generally, the subducting slabs are oceanic in nature and thus rich in water 

content at the intial stage of subduction. The prominent minerals associated with the 

subduction zones are wadsleyite and ringwoodite that have high potential to store huge 

amount of water (Inoue et al., 1995; Ohtani et al., 2000). The water is transported from 

the surface to the mid-to-upper mantle depths through hydrous minerals in the 

descending slabs. For example, if wadsleyite has 2.0 wt.% at 1000°C, this decreases 0.5 

wt.% at 1600°C under 15 GPa pressure (Litasov and Ohtani, 2002). Therefore, both 

temperature and pressure play an important role in deciding the amount of water that a 

mineral can carry to deeper depths in the Earth’s interior. Most of the water is 

accommodated in the mid-to-upper mantle leaving a small amount of water that can 

penetrate deeper through minerals like ringwoodite whose water storage capacity is less 

dependent on pressure as evidenced by many mineral physics studies (Ohtani et al., 

2004; Hirschmann, 2006). After reaching the mid-to-upper mantle (1200–1500 km), the 

hydrous minerals tend to dehydrate and loose water content, thereby lowering the 

density and velocity of the ambient mantle. The residual dehydrated slab that has high 

density, sinks and tends to rest on the CMB. These dehydrated and dense tectonic slabs 

enhance the seismic wave speeds. This is clearly revealed by the negative travel times 

residuals observed in the present study due to high velocities in the lowermost mantle 

beneath the IOGL region. Also, the major contribution to the observed residual is 

primarily from ScS travel times that sample the lowermost mantle and not from S travel 

times that sample only the mid-to-upper mantle as discussed above. The increase in 

velocities could be due to the high density slabs in the lower mantle. The high density 

may also have a link to the thermo-chemical processes involved in the formation of the 

D″ layer. A detailed study using mineral physics data on the sensitivities of seismic 

velocities (Trampert et al., 2001) is attributed to the temperature changes in the 



Page 52 of 152 

 

lowermost mantle. Although the lower mantle is basically thermal driven, the magnitude 

of temperature changes is mostly dependent on the composition. Further, the cold 

lithospheric slabs at the CMB react with the mantle resulting in the increase of seismic 

velocities, also probably the densities. This gains support from the latest mineral physics 

studies that postulated isochemical changes like the solid–solid phase transformation of 

γ-olivine, i.e. magnesium-silicate-perovskite (Mg, Fe)(Si, Al)O3 at the top of the CMB, 

which results in an increase of density of 1–1.2% as well as an increase in the shear 

wave velocity by 1.4% (Murakami et al., 2004; Oganov and Ono, 2004). Generally, the 

transition to the postperovskite (pPv) is supposed to be the cause of the observed 

seismic velocity anomalies in the D″ discontinuity (Oganov and Ono, 2004). Also, it is 

observed that the pPv is a product of secondary crystallization due to the interruption of 

subducting slabs in cooling the mantle. Longer the cooling process continues, the 

thicker the D″ region becomes. Although, the direct geodynamic link between geoid 

height and S wave velocity in the lowermost mantle is not well understood at this point, 

the short wavelength variations observed in this study indicates the presence of 

chemical heterogeneity in the lowermost mantle beneath the Indian Ocean. Generally, 

the seismic velocities are presumed to increase with increasing temperatures inside the 

earth. It is opined that the ratio of the shear to compressional wave anomalies defined by 

the parameter R = δlnVs/δlnVp provides clues about the nature of the heterogeneities 

(Masters et al., 2013). A value of R ≥ 2.5±0.2 cannot be simply explained by 

temperature differences alone and requires chemical density differences (Masters et al., 

2013; Karato and Karki, 2001). Thus, to understand the causative for the sharp lateral 

variations in seismic velocities, we generated a map of the R value variations in our 

study region using the Pmean and Smean global tomographic models (Becker and 

Boschi, 2002) and superimposed the ScS-S travel time residuals (Figure 2.15). The 
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conjoined positive and negative residuals are evidenced by large R values suggestive of 

chemical heterogeneity. However, in some regions the high R values do not coincide 

with any sharp lateral variations in travel time residuals. The reason for this could be 

due to the fact that the R values measured from the global tomographic models 

represent long wavelength structures and do not possess the resolution provided by the 

ScS-S anomalies. To understand the role of chemical heterogeneity, we calculate the 

PcP-P traveltime residuals beneath the IOGL and model these observations together 

with the ScS-S residuals (Chapter-III). 

Figure 2.15: Differential travel time residuals of manually picked ScSH, SH phases. The size of the 

symbols is proportional to the magnitude of the travel time residuals. Background indicates the ratio of 

shear to compressional wave speed anomalies (R) above the CMB and brown lines indicate geoid 

anomaly contours. 
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2.4. Conclusions: 

 Negative ScS-S differential travel time residuals beneath the IOGL indicate 

presence of high velocity materials in the lowermost mantle, in agreement with the 

global tomographic model (S40RTS model). The short-wavelength variations in the 

ScS-S travel time anomalies suggest presence of chemical heterogeneity in the 

lowermost mantle beneath the Indian Ocean. A high impedance contrast at the CMB 

beneath the IOGL is evidenced by positive ScS/S amplitude residuals. The observed 

high impedance contrast signifies high velocity material situated above the CMB, 

corroborating the results obtained from travel time residuals. The obtained travel time 

residuals can be explained in terms of the maximum increase of 1.6% (w.r.t. IASP91 

model) in shear velocities beneath the IOGL. These high velocities can be reconciled by 

the presence of slab graveyards linked to the Tethyan subduction below the Lhasa block 

of Asian plate during the Mesozoic period, that are currently pounded on the CMB. This 

interpretation is based on the evidence that the position of the present day IOGL 

corresponds to the reconstructed position of the Tethyan subduction (Aitchison et al., 

2007). Hence, we conclude that the lowering of density and shear velocity at mid-to-

upper mantle depths due to the dehydration of slabs could be the most important 

causative factor for the geoid low. Further, anomalous ScSV-ScSH differential travel 

times indicate presence of anisotropy in the D″ layer below the Indian Ocean. 
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Chapter-III 

 

D″ layer beneath the Indian Ocean Geoid Low: 

Compressional and shear wave velocity structure 

 

3.1. Introduction: 

 Understanding the structure of the D″ layer is important, since this layer plays a 

crucial role in the dynamics of the CMB. The nature of this layer in terms of 

temperature and compositional heterogeneities, mass and heat transport still remains 

enigmatic. Some studies indicated that the D″ layer consists of thermal and chemical 

boundary layers (Young and Lay, 1987a; Lay, 1989; Lay et al., 1990; Jeanloz, 1990; 

Jeanloz and Lay, 1993). Gutenberg (1914) determined the depth to the CMB and found 

that the lowermost mantle has a different velocity gradient compared to the rest of the 

lower mantle. Global tomographic models based on inversion of P and S travel times 

suggested lateral variation of velocities in the lower mantle (e.g., Dziewonski, 1984; 

Dziewonski and Woodhouse, 1987; Tanimoto, 1987, 1990; Inoue et al., 1990). Further, 

stochastic analysis of the P and S wave travel times indicated high velocity 

perturbations in the D″ layer (Gudmundsson et al. 1990; Gudmundsson and Clayton 

1991; Davies et al. 1992). However, global tomographic models have limited lateral 

resolution and cannot resolve features having wavelengths shorter than ~1000 km. One 

of the best ways to resolve the short wave length features, especially in the lowermost 

mantle, is the analysis of differential travel times of core reflected phases like ScS and 

PcP, with respect to their parent phases.  
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Geodynamic, geochemistry and mineral physics studies suggested that the       

D″ layer is a chemically inhomogeneous layer (Bullen, 1949) due to the entrainment 

and lateral sweeping of D″ layer material (Davies and Gurnis, 1986; Ahrens and Hager, 

1987; Christensen, 1987; Zhang and Yuen, 1987, 1988; Sleep, 1988) or due to the 

reaction of liquid iron with perovskite (Knittle and Jeanloz, 1989, 1991). However, the 

study Stixrude and Bukowinski 1992 inferred that perovskite melting does not take 

place within the D″ layer. Other prominent suggestions about this layer are i) a  thermal 

boundary layer (Elsasser et al., 1979) ii) a layer caused due to subduction and 

accumulation of oceanic crust at the CMB (Silver et al., 1988; Christensen, 1989)        

iii) convective thermal boundary layer also responsible for plume generation (Olson et 

al., 1987) iv) a combined effect of thermal and chemical boundary layers (Hansen and 

Yuen 1988, 1989) v) a layer where isobaric phase change takes place due to the lateral 

change in temperature gradients (Anderson 1987) vi) compositional change and small 

scale convection (Schubert et al., 1987) vii) unstable boundary layer where thermal 

plumes are generated (Yuen and Peltier, 1980; Loper and Stacey, 1983; Stacey and 

Loper, 1983; Loper and McCartney, 1986; Bercovici et al., 1989). 

 

The lowermost mantle (D″ layer) beneath the Indian Ocean Geoid Low (IOGL) 

is one of the poorly understood regions. In chapter-II, we explored the lower mantle 

beneath the IOGL in terms of shear wave velocities derived from ScS-S differential 

travel time residuals. However, these results provide the average velocity structure of 

the region between the S phase bottoming point to the CMB. In the present chapter, we 

investigate the compressional and shear wave velocity structure especially in the 

lowermost mantle (D″ layer) beneath the IOGL and the adjacent region through an 

analysis of both the PcP-P and ScS-S differential travel time residuals. The advantage of 
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using the differential travel time residuals to explore the seismic structure of the 

lowermost mantle (D″ layer) is that it uses the same earthquake for the two different 

phases while calculating the travel time residuals (in this case P(S) and PcP(ScS)).  

Therefore, it removes the hypocentral errors, focal mechanism uncertainties, different 

instrument responses and magnifications. Especially, it accounts for the crust and mantle 

heterogeneities beneath the source and receiver sides, since these two phases have 

similar ray paths (Figure 3.1). However, these differential travel time residuals are 

sensitive to the anomalous structure between the S(P) phase bottoming point and the 

CMB. This can be corrected with the help of global tomographic models. Although 

these models cannot not entirely remove the effect of heterogeneities due to the large 

Fresnel zones of the phases, at longer wavelengths the correction is considerable. 

Further, we investigate the nature of heterogeneity in the D″ layer with the help of the 

relative behavior of the shear and compressional wave velocities of the layer             

(i.e., R = δlnVs/δlnVp). On the basis of mineral physics studies, it has been inferred that 

R values up to 1.8 at around 1500 km, 2.0 at 2000 km and 2.3 in the lowermost mantle 

correspond to the temperature and pressure effects and the higher R values require other 

explanations like chemical effects (J. Brodholt et al., Fre´jus Workshop, 2003). Some 

studies explained the nature of heterogeneities with the help of low resolution 

tomographic models. In the present study, the nature of heterogeneity is studied with the 

help of the compressional and shear wave velocities obtained by the modeling of PcP-P 

and ScS-S differential travel time residuals, which are sensitive to the short wave length 

features also.  

 

3.2. Data and Analysis: 

 The nature of heterogeneity in the lowermost mantle beneath the IOGL is 
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modeled using two sets of data: (i) PcP-P and (ii) ScS-S differential travel time 

measurements. For PcP-P differential travel time analysis, 73217 waveforms are 

collected from 3208 earthquakes having magnitudes ≥5.5, recorded at 930 broadband 

seismological stations, operated by the Incorporated Research Institutions for 

Seismology (IRIS), National Center for Seismology (NCS) and the National 

Geophysical Research Institute (NGRI). Further, 27041 waveforms from earthquakes 

spanning an epicentral distance range of 55° to 86°  are only considered for the arrival 

time picking of P and PcP phases. At epicentral distances ≥55°, the ray paths of P and 

PcP phases are similar except in the lowermost mantle (Figure 3.1) and at  epicentral 

distances >86°, the P and PcP phases arrive very close and cannot be distinguished 

separately. At the picking stage, the high quality waveforms are selected by following 

the criteria: (i) SNR ≥2.5 (ii) clear P and PcP phases and (iii) distinct nature of arrival 

times, free from the other phases like PKP, Pdiff and PdP. These criteria resulted in 98 

best quality waveforms from 69 earthquakes recorded at 62 broadband seismological 

stations (Figure 3.2).        

 

 Further, for clear identification of P and PcP phases, the waveforms are bandpass 

filtered between 0.2 and 1.25 Hz and rotated into the LQT system using the theoretical 

incidence angle of P phases.  The filtered vertical components (L) are utilized for 

manually picking the travel times of observed P and PcP phases and the corresponding 

theoretical travel times of P and PcP are calculated using TauP software (Crotwell et al., 

1999) with Preliminary Reference Earth Model (PREM) (Dziewonski and Anderson, 

1981) as the reference velocity model. The differential travel time residuals are 

calculated as: 
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δTPcP-P = [(ΔTPcP-P)O - (ΔTPcP-P)T] 

 

where, O is observed and T is theoretical travel time  

  

 The reflection points of the ScS phases identified in 600 best quality waveforms 

sample the CMB beneath the study region (40° to 200°E and 45°S to 65°N).  In the 

present study, we utilized the ScS-S travel time data as supplement to PcP-P differential 

travel time residuals to understand the nature of heterogeneity in the D″ layer. However, 

waveforms of events in the epicentral distance range of 55° to 86° are only considered 

for this study, because at these epicentral distances the ray paths of S and ScS phases are 

similar except in the lowermost mantle (Figure 3.1). This criterion resulted in 315 high 

quality seismograms from 138 earthquakes recorded at 189 broadband seismological 

stations (Figure 3.2). In the present study, the theoretical travel times of S and ScS 

phases are calculated using TauP software with PREM as the reference velocity model. 

Further, the ScS-S differential travel time residuals are calculated as: 

 

δTScS-S = [(ΔTScS-S)O - (ΔTScS-S)T] 

 

where, O is observed and T is theoretical travel time 

Figure 3.1: Ray paths of S (brown), ScS (blue) (left panel) and P (brown), PcP (blue) (right panel) phases 

for  epicentral distances of 55° and 86° and a source depth of 100 km. UM: Upper mantle, TZ: Transition 

zone (410-660 km), LM: Lower mantle. 
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Figure 3.2: Broadband seismological stations (blue inverted triangles) and earthquakes (red stars) along 

with the ScS reflection points (top panel) and PcP reflection points (bottom panel) at the Core Mantle 

Boundary (CMB) (black crosses). Gray lines indicate the great circle ray paths and slategray lines are 

geoid anomaly contours. 
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The differential travel time residuals (ScS-S and PcP-P) deal with the structure 

of the layer between S or P wave turning point to the CMB. However, since the present 

study is focused on the nature of heterogeneity in the 220 km thick layer above the 

CMB (D″ layer), it is required to correct the contributions of seismic heterogeneities 

above the 220 km thick layer superjacent the CMB (Figure 3.3). We used S40RTS and 

GyPSuM global shear and compressional wave velocity models for this correction. The 

choice of these tomographic models is based on the correlations between the ScS-S 

differential travel time residuals and the ScS travel time residuals. The obtained 

correlation between the corrected ScS travel time residuals and the ScS-S differential 

travel time residuals is very strong (Figure 3.4), indicating that the corrected ScS-S 

differential travel time residuals are mainly due to the heterogeneities in the 220 km 

thick layer above the CMB and the selected global tomography model is appropriate to 

account for the corrections down to the D″ layer. The obtained ScS-S differential travel 

time residuals before correction are plotted at the ScS reflection points on the CMB 

(Figure 3.5) and the corrected differential travel time residuals (ScS-S) are also plotted 

at the ScS reflection points on the CMB (Figure 3.6). For PcP phases, we selected the 

GyPSuM global compressional tomography model to account for seismic 

heterogeneities above the D″ layer (i.e., 220 km above the CMB). The corrected PcP 

travel time residuals are well correlated with the PcP-P differential travel time residuals 

(Figure 3.4) and the obtained PcP-P differential travel time residuals before and after 

correction are shown in figures 3.5 and 3.6 respectively. 
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Figure 3.3: Example showing the S and ScS ray paths for an earthquake (star) at 100 km focal depth 

recorded at station having an epicentral distance of 60° (blue inverted triangle). The D″ layer thickness is 

assumed as 220 km (gray region). The corrected regions (light pink and white regions) are also shown. 
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Figure 3.4: Correlation between the ScS travel time residuals and ScS-S differential travel time residuals 

before (top left panel) and after (top right panel) correction using S40RTS shear wave velocity model 

(Ritsema et al., 2011). Bottom left and right panels show the correlation between the PcP travel time 

residuals and PcP-P differential travel time residuals before and after correction using GyPSuM 

compressional wave velocity model (Simmons et al., 2010). A strong correlation between the corrected 

ScS travel time residuals and ScS-S differential travel time residuals (top right panel) and the corrected 

PcP travel time residuals and PcP-P differential travel time residuals (bottom right panel) can be seen after 

correction.  
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Figure 3.5: Differential travel time residuals of manually picked SH and ScSH phases (top panel) and 

manually picked P and PcP phases (bottom panel) with respect to the travel time differences predicted 

from the Preliminary Reference Earth Model (PREM) (Dziewonski and Anderson, 1981). The size of 

symbols is proportional to the magnitude of the travel time residuals. Brown lines are geoid anomaly 

contours. 
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Figure 3.6: Differential travel time residuals of manually picked SH and ScSH phases (top panel) and  

manually picked P and PcP phases (bottom panel) with respect to the travel time differences predicted 

from the Preliminary Reference Earth Model (PREM) (Dziewonski and Anderson, 1981). The residuals 

are corrected for the effects of the mantle heterogeneities above a 220 km thick layer at the CMB, using 

the S40RTS shear wave velocity model (Ritsema et al., 2011) for S wave and GyPSuM compressional 

wave velocity model (Simmons et al., 2010) for P-wave. The size of symbols is proportional to the 

magnitude of the travel time residuals. Brown lines are geoid anomaly contours. 
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3.3. Modeling of differential travel time residuals: 

3.3.1. Direct Method: 

 Initially, to explain the observed differential travel time residuals in terms of 

velocity perturbations, the following simple direct formula is utilized  

 

δV/V = (δt/t)*100 ------------------ (3.1) 

 

where, δt is the corrected differential travel time residual (ScS-S or PcP-P) and t is the 

time of the ScS or PcP phase that propagates the bottom 220 km of the mantle (i.e., D″ 

layer). 

 

The quantity δt i.e., the corrected differential travel time residual and the travel 

time (t) of the ScS or PcP in the D″ layer can be calculated using the TauP software. By 

substituting these two quantities in equation (3.1), the velocity perturbations are 

measured and this process is applied to all the individual differential travel time 

residuals.  

 

3.3.2. Forward Method: 

 A simple forward modeling technique (Monte-Carlo approach) is adopted to 

explain the corrected differential travel time residuals in terms of the velocity 

perturbations in the lowermost mantle (i.e., 220 km thick D″ layer). In this method, the 

layer thickness is fixed as 220 km in the PREM model. This layer is introduced by 

adding a discontinuity at 2671 km depth with a velocity jump of 0.76% compressional 

and 0.43% shear wave velocity. Depending on the sign of the anomaly, the 

shear/compressional velocity in the assumed layer is incremented (for negative 
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anomalies) or decremented (for positive anomalies) in steps of 0.0001 km/s. The 

procedure is iterated to find the optimal velocity (VD″) in the D″ layer (Figure 3.7 and 

3.8) that reduces the anomaly to zero. Synthetic seismograms are calculated using the  

F-K package (Zhu and Rivera, 2002) with perturbed PREM model as the reference 

velocity model. The synthetic seismograms obtained using the best model match well 

with the observed seismograms (Figure 3.9). The velocity perturbation in percentage of 

increase or decrease with respect to the PREM model is calculated using the following 

simple expression: 

 

δV/V = ((VD″ - vD″)/vD″)*100  

 

where, VD″ is the best fitting velocity and vD″ is the corresponding PREM velocity in the 

assumed 220 km thick layer (D″ layer).  

 

 Further, we compared the velocity perturbations obtained by the two methods 

and obtained comparable results from these two methods (Figure 3.7 and 3.8). This 

process is repeated for all the corrected differential travel time residuals whose ray paths 

sample the study region. 
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Figure 3.7: Example result of forward modeling technique to obtain the differential travel time residuals 

in terms of velocity perturbations (Vs). Black line indicates the theoretical PREM velocity model and red 

line indicates the best fitting model (perturbed from PREM). δVs/Vs value on the left and right hand sides 

indicates the shear wave velocity perturbations in the assumed 220 km thick layer above the CMB 

obtained from direct and forward modeling techniques. 
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Figure 3.8: Example result of forward modeling technique to obtain the differential travel time residuals 

in terms of velocity perturbations (Vp). Black line indicates the theoretical PREM velocity model and red 

line indicates the best fitting model (perturbed from PREM). δVp/Vp values on the left and right hand 

sides indicate the compressional wave velocity perturbations in the assumed 220 km thick layer above the 

CMB obtained from direct and forward modeling techniques. 
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Figure 3.9: Examples of observed tangential (left panel) and vertical (right panel) seismograms (black) 

and the corresponding synthetic seismograms (red) generated by using the best fitting velocity model. 

These are well matched with the observed seismograms. Blue vertical lines indicate S, ScS travel times 

(left panel) and P, PcP travel times (right panel) respectively.  
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3.4. Measurement of R Value: 

 As revealed by laboratory experiments, for a pure sub-solidus, an understanding 

of the physical nature of the heterogeneity or relative contribution of the thermal or 

chemical heterogeneity in the lowermost mantle, is provided by the relative variation of 

shear (Vs) to compressional wave velocities (Vp) (R value). The R value defined as 

δlnVs/δlnVp also suggests the nature of compositional heterogeneity at the depth     

(e.g., Masters et al., 2000; Karato and Karki, 2001; Saltzer et al., 2001; Tan and Gurnis, 

2007).  

  

In the present study, the obtained compressional and shear wave velocities from 

PcP-P and ScS-S differential travel time residuals are utilized to estimate the R values in 

the bottom 220 km of the lowermost mantle (D″ layer). However, it is very difficult to 

obtain data having the same ScS as well as PcP reflection points on the CMB. In this 

scenario, the calculated velocity perturbations are simply averaged over 1°x1° grids 

with a Gaussian average using a radius of 3°. Further, the R values are calculated using 

the average compressional and shear wave velocity perturbations in the D″ layer. 

 

3.5. Results and Discussion: 

3.5.1. ScS-S travel times: 

 The obtained ScS-S differential travel time residuals after correcting for the 

perturbations above the D″ layer vary from -7.80 to 5.96 s. These residuals are due to 

the seismic heterogeneities in the 220 km thick layer above the CMB, since the region 

above this layer is corrected (Figure 3.3). The obtained residuals vary laterally, having 

the maximum negative residual at the center of the study region i.e., IOGL. This 

signifies seismic heterogeneity in the D″ layer, as also suggested by the results 
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presented in Chaper-II. The obtained shear wave velocity perturbations vary from -4% 

to 5% (Figure 3.10). Interestingly, the obtained velocity perturbations can be 

categorized into two blocks, one block having mostly positive velocity perturbations, 

which is the D″ layer beneath the IOGL and the other block mainly having negative 

velocity perturbations, in the lowermost mantle beneath the geoid high region adjacent 

to the IOGL. The highest velocity perturbation beneath the IOGL region is ~5% and 

beneath the adjoining region is ~-4%.  

 

3.5.2. PcP-P travel times: 

 Similarly, the PcP-P differential travel time residuals in the 220 km thick layer 

atop the CMB obtained by removing the seismic heterogeneities above this layer, vary 

from -3.85 s to 3.53 s. These residuals also vary laterally, signifying that the assumed 

layer above the CMB is heterogeneous in nature in terms of compressional wave 

velocities. Further, the compressional wave velocity perturbations obtained from the 

corrected PcP-P differential travel time residuals, vary from -2.2% to 5% (Figure 3.10) 

in the 220 km layer above the CMB. Most of the compressional wave velocities have 

positive velocity perturbations implying higher velocities with respect to the PREM 

velocity model. This region lies below the IOGL. Also, we observed low compressional 

wave velocities region in the D″ layer, in the region adjacent to the IOGL. 

 

The modeling of obtained differential travel time residuals of ScS-S and PcP-P 

indicates the high shear and compressional wave velocities in the lowermost mantle 

beneath the IOGL. It clearly indicates high velocity material situated superjacent to the 

CMB (in the D″ layer). This high shear and compressional wave velocity material may 

represent dehydrated high density slab graveyards at the CMB. This gains support from 
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the study of Aitchison et al. (2007), which indicated that the present day IOGL 

corresponds to the reconstructed position of the Tethyan subduction. 

 

 Generally, oceanic slabs contain more water at the initial stage of subduction. 

The storage of water in the subducting slabs is mostly dependent on the minerals 

affiliated to them, which are mainly wadsleyite and ringwoodite. These have more 

potential to hold huge amount of water (Inoue et al., 1995; Ohtani et al., 2000). 

Therefore, water is also transported to the deeper depths along the subducting slab, by 

the hydrous minerals. However, temperature and pressure play a very important role in 

the amount of water transported by the hydrous minerals to deeper depths. For example, 

if the hydrous mineral wadsleyite has 2.0 wt. % at the 1000°C, this decreases to          

0.5 wt.% at 1600°C and 15 GPa pressure (Litasov and Ohtani, 2002). When the slab 

reaches the upper-to-mid mantle levels (1200-1500 km), these hydrous minerals begin 

to dehydrate and release water. Due to this dehydration process, the majority of water is 

accumulated in the upper-to-mid mantle depths. The high density dehydrated slab sinks 

into the lowermost mantle and settles at the CMB. This high density dehydrated slab 

increase the seismic wave speeds. Evidence for high shear and compressional wave 

velocities in the D″ layer beneath the IOGL comes from modeling of the observed   

ScS-S and PcP-P differential travel time residuals. Therefore, the main cause of the 

observed high shear and compressional wave velocities are the dehydrated high density 

slabs at the CMB. These slabs have a relation with the thermo-chemical processes, 

which are involved in the formation of the D″ layer. However, detailed mineral physics 

studies on the sensitivities of seismic velocities (Trampert et al., 2001) suggest that this 

can be attributed to the temperature changes in the D″ layer. Basically, it is believed that 

the lowermost mantle is a thermally driven layer and the temperature changes are 
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mainly composition dependent. Seismic velocities and density in the D″ layer also 

increase due to the reaction of cold subducted slabs with the mantle. This is also gains 

support from the latest mineral physics studies, which inferred that isochemical changes 

like γ-olivine phase transformation (solid-solid phase change) i.e., (Mg,Fe)(Si,Al)O3 

also take place at the CMB, which increase the density by ~1-1.2% and increase the 

shear wave velocity by an amount of ~1.4% (Murakami et al., 2004; Oganov and Ono, 

2004). Oganov and Ono, (2004) inferred that the cause of the observed velocity 

anomalies in the D″ discontinuity is the transition to the post-perovskite (ppv) phase. It 

is also observed that ppv is the secondary crystallization product due to the interruption 

of the subducting slabs in cooling the mantle. Therefore, if this cooling process 

continues, then the thickness of the D″ layer increases.  

  

3.5.3. Nature of heterogeneity: 

Anomalies or heterogeneities in the lowermost mantle (D″ layer) are mainly 

caused by two kinds of effects (1) temperature/thermal effect and (2) chemical effect, or 

a combination of both. However, it is very difficult to distinguish the two effects. The 

main causes of heterogeneities in the lowermost mantle are (i) remnants of the 

primordial material, (ii) chemical reaction products from the CMB and (iii) remnants of 

the subducted oceanic material. Generally, it is believed that the seismic velocities are 

directly proportional to temperature i.e., seismic velocities increase with increasing 

temperatures in the earth. Clues regarding the nature of heterogeneities have been 

explored with the help of the ratio of the change in shear wave velocities to the change 

in compressional wave velocities (i.e., R = δlnVs/δlnVp) (Masters et al., 2013). This 

study inferred that if R value is greater than or equal to 2.5±0.2, then the anomalies 

cannot be explained only with the thermal effects, it also requires a chemical effect and 
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if this value is less than 2.5, then the anomalies are mainly due to thermal effects. 

Discrimination of the thermal and chemical nature of the heterogeneity is very crucial 

for understanding the dynamics of the lowermost mantle. For example, if the lateral 

variation of seismic wave velocities is due to temperature variations, then the relation 

between velocity, temperature and density is such that low velocity regions correspond 

to higher temperatures and lower densities. On the other hand, if chemical 

heterogeneities are due to the heterogeneity in Fe, then the relation is the opposite, that 

is low velocity regions represent high Fe content and high densities. A mineral physics 

study on the lower mantle phases by Li (2009) with the help of data obtained by Li and 

Zhang (2005) inferred that if the R value is greater than 2.7, then these anomalies are 

due to the chemical heterogeneities. High R values indicate increase in both iron and 

silica content, even in the absence of a density anomaly. In the present study, the R 

values calculated by utilizing the modeled compressional and shear wave velocities in 

the D″ layer, vary from -8 to 8. High R values observed in some regions correlate with 

the sharp variation in the differential travel time residuals. However, low R values, 

varying between -2 and 2, observed especially beneath the IOGL, indicate that the 

anomalies (subducted slab) in the D″ layer may be thermal in nature.  
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Figure 3.10: Percentage of shear wave velocity perturbations (top left panel) and compressional wave 

velocity perturbations (bottom left panel) required to explain the observed differential travel time 

residuals in a 220 km thick layer above the CMB. Averaged shear wave velocity perturbations (top right 

panel) and compressional wave velocity perturbations (bottom right panel) in the bottom 220 km of the 

mantle inferred from the corrected travel time residuals. The velocity perturbations are simply averaged 

over 1°x1° grids with Gaussian average of 3° radius. 
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Figure 3.11: ScS-S (top panel) and PcP-P (bottom panel) differential time residuals with respect to the 

travel time difference predicted from the Preliminary Reference Earth Model (PREM) (Dziewonski and 

Anderson, 1981) plotted at the corresponding reflected points at the CMB. The residuals are corrected for 

the effects of the mantle heterogeneities above the 220 km thick layer at the CMB. Background colors 

indicate averaged shear wave velocity perturbations (top panel) and compressional wave velocity 

perturbations (bottom panel) in the bottom 220 km of the mantle inferred from the corrected travel time 

residuals. The velocity perturbations are simply averaged over 1°x1° grids with a Gaussian average of    

3° radius. 

 

 

Figure 3.12: R value calculated using the averaged P and S wave velocity perturbations in the 220 km 

thick layer above the CMB. 
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3.6. Conclusions: 

 Modeling of the ScS-S and PcP-P differential travel time residuals corrected for 

the velocity anomalies above the D″ layer indicates high shear and compressional wave 

velocities in the D″ layer beneath the IOGL. The maximum compressional and shear 

wave velocities are ~5% higher than the PREM velocity model. These high velocities 

can be due to the presence of slabs at the CMB which are linked to the Tethyan 

subduction of the Asian plate below the Lhasa block, during the Mesozoic time.   These 

high compressional and shear wave velocities in the D″ layer mainly correspond to the 

dehydrated slabs at the CMB (D″ layer). Further, the obtained low R values beneath the 

IOGL region signify that the anomalies (slabs at the CMB) are related to temperature 

effects. 
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Chapter IV 

 

Seismic anisotropy and deformation in the lowermost 

mantle beneath the Indian Ocean Geoid Low 

 

4.1. Introduction: 

 The lowermost mantle region ~200 to 300 km above the Core Mantle Boundary 

(CMB), known as the D″ layer, was first introduced into the geophysical nomenclature 

by Keith Edward Bullen. During 1940s, he proposed a spherically symmetric shell 

model of the earth’s interior (i.e., A to G), based on the seismic observations made by 

Harold Jeffrey during the thirties and named the lower mantle as the D layer. 

Subsequently, this layer was subdivided into the D′ and D″ layers due to the distinct 

properties of the lowermost mantle (Bullen, 1949; 1950). The global P wave 

tomography model of the earth's lower mantle distinguished the D″ layer as a region 

having 1% higher velocities at the CMB (Dziewonski et al., 1977; Dziewonski, 1984; 

Inoue et al., 1990). In addition to this high velocity layer, the Ultra Low Velocity Zones 

(ULVZ) (~30% lower) above the CMB (Garnero et al., 1998) are also considered as 

constituents of the D″ layer. Seismological observations suggest that the D″ layer is 

extremely heterogeneous (Helmberger et al., 2005; Houser, 2007). Investigating the 

nature of this hitherto poorly understood layer is a matter of great interest since the     

D″ layer being a thermal boundary layer plays an important role in driving the mantle 

convection process. 
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   Seismic anisotropy is an important diagnostic to elucidate the character of the 

D″ layer.  The type of anisotropy is linked to the dynamic behavior of mantle materials 

at the pressure and temperature conditions of CMB. The origin of D″ layer anisotropy is 

primarily attributed to a dislocation creep regime associated with high strain 

deformation (e.g., bridgmanite (Pv) to post-perovskite (pPv) (Tsuchiya et al., 2004a, 

2004b)) due to the impingement of slab graves at the CMB (McNamara et al., 2001, 

2002) and orientation of melt pockets (Kendall and Silver, 1998). The existence of 

anisotropy in the D″ layer is demonstrated by a number of studies (e.g., Lay and 

Helmberger, 1983;   Vinnik et al., 1995; Wookey et al., 2005a; Ford et al., 2006;  Wang 

and Wen, 2007; Long, 2009; Nowacki et al., 2010; He and Long, 2011; Lynner and 

Long, 2014; Long and Lynner, 2015). However, in some regions like the Atlantic 

(Garnero et al., 2004b) and portions of the central Pacific (Kendall and Silver, 1998), 

the D″ layer is either isotropic in nature or probably weakly anisotropic in a given 

direction. Other studies indicated that the lower mantle in bulk is isotropic (Kaneshima 

and Silver, 1992; Meade et al., 1995; Montagner and Kennett, 1996). 

 

4.1.1. Overview of methods to explore the D″ layer anisotropy: 

 The methods generally utilized to explore anisotropy of the D″ layer are           

(i) differential travel time method (SV-SH method), (ii) SKS-SKKS splitting 

discrepancy method and (iii) S-ScS differential splitting method.  

 

 (i) SV-SH method: The differential travel time method (SV-SH method) is based 

on the difference in arrival times of shear waves on the radial and transverse 

components. A pair of direct shear (S) waves having an epicentral distance > ~85° that 

sample the lowermost mantle and the core reflected shear (ScS) waves that additionally 
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sample the D″ layer, are utilized in this method. The discrepancy in the travel times of 

the shear waves on the two components (i.e., S(cS)H and S(cS)V) is the primary 

observation that could be related to the anisotropic character of the medium. However, 

this method yields qualitative information and provides only limited knowledge about 

the geometry of anisotropy. The simplest possible mechanism invoked to explain such 

discrepancies is transverse isotropy with a vertical axis of symmetry (VTI or radial 

anisotropy). However, this method is applicable for the phases that travel through the 

lowermost mantle after the travel times are corrected for upper mantle anisotropy. The 

correction is often accomplished using a combination of the two phases (i.e., S and ScS) 

that have similar ray paths in the upper mantle. 

 

 (ii) SKS-SKKS splitting discrepancy method: The SKS-SKKS splitting 

discrepancy method uses the splitting parameters obtained using SKS to correct the 

SKKS phases registered on the same waveform before analyzing the splitting of the 

SKKS phases. Such a correction, disregarding the difference in the incidence angle of 

the SKS and SKKS phases, provides information on the lowermost mantle anisotropy 

because these waves have similar ray paths in the upper mantle and deviate primarily in 

the lower mantle. However, the SKS-SKKS method is more sensitive to a general form 

of anisotropy or azimuthal anisotropy since the SK(K)S phases being P to S converted 

phases at the CMB, do not produce any transverse component energy for isotropic or 

VTI medium (Aki and Richards, 1980). 

 

 (iii) S-ScS differential splitting method: Out of three methods, the S-ScS 

splitting method is perhaps most effective compared to the other two methods due to the 

drawbacks in other two methods. The S-ScS differential splitting method can be used to 
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estimate anisotropy with a non-vertical/horizontal fast polarization axis. In this method, 

the SKS and S phases are used to account for the receiver and source side upper mantle 

anisotropy. Further, the residual splitting in the ScS phase is parameterized by 

correcting the receiver side anisotropy before the analysis and the source side anisotropy 

during the analysis. In principle, the estimated splitting parameters from these corrected 

ScS waveforms truly represent the lowermost mantle anisotropy. 

 

4.1.2. Summary of global observations: 

 Globally, most of the studies reveal significant anisotropy in the D″ layer, with 

the nature of anisotropy being different in different regions (Table S4.1, Figure 4.1). In 

general, the D′′ layer beneath the central and southeastern Pacific regions is found to be 

anisotropic albeit spatial variability over short length scales where the two scenarios 

VSH > VSV and VSV > VSH are observed (e.g., Russell et al., 1998, 1999; Ford et al., 

2006). In the same region, some studies argue for an isotropic nature of the D′′ layer 

(Kendall and Silver, 1996). Beneath the Alaska, Antarctic ocean and Indian ocean 

regions, VSH > VSV kind of anisotropy is observed (e.g., Fouch et al., 2001; Usui et al., 

2008; Ritsema, 2000). The D′′ layer beneath the Atlantic ocean is found to be isotropic 

or weakly anisotropic in nature (Garnero et al., 2004b). A TTI kind of anisotropy has 

been observed beneath the Caribbean (e.g., Nowacki et al., 2010), east Pacific (Long, 

2009), north west Pacific (Wookey et al., 2005a), Siberia (e.g., Wookey and Kendall, 

2008), southeast Asia (Thomas et al., 2007) and western USA (Nowacki et al., 2010). 

Beneath the southern Africa, varying HTI is observed (Wang and Wen, 2007). Studies 

beneath the boundary of the African LLSVP (Lynner and Long, 2014; Long and Lynner, 

2015), boundary of the Perm anomaly (Long and Lynner, 2015), northwestern Pacific 

(He and Long, 2011) and southeast Asia (Roy et al., 2014) regions found anisotropy. 
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However, the relation between VSH and VSV and the kind of anisotropy is not 

mentioned. 

 

Figure 4.1: Summary of the present and previous studies of D′′ layer anisotropy across the globe 

(Modified after Nowacki et al., 2011). 1. Alaska, 2. Antarctic Ocean, 3. Atlantic Ocean, 4. Boundary of 

the African LLSVP, 5. Boundary of the African LLSVP, 6. Boundary of the Perm Anomaly, 7. Caribbean, 

8. Central Pacific, 9. East Pacific, 10 . Indian Ocean, 11. Northwest Pacific, 12. Northwestern Pacific, 13. 

Siberia, 14. Southern Africa, 15. Southeast Asia, 16. Southeast Asia, 17. Southeast Pacific, 18. Western 

USA and 19. Indian Ocean (Present Study) (Table S4.1). Navy blue color regions indicate VSH > VSV, 

those are in sea green color represents VSV > VSH. Where as regions with navy blue and sea green stripes 

indicate both VSH > VSV and VSH < VSV. Isotropic regions are rpresented as no fill and light pink regions 

indicate TTI kind of anisotropy. Varying HTI ( HTI) region indicated as orange color. Light green regions 

represent the anisotropy, however, they do not comment on the relation between VSH and VSV or the kind 

of anisotropy. 

 

 The lowermost mantle beneath the Indian Ocean Geoid Low (IOGL) is one of 

the poorly explored regions. The early evidence for anisotropy in the lowermost mantle 

beneath the Indian Ocean was provided by the travel time differences between the radial 
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and transverse S phases (Ritsema, 2000). However, due to a limited dataset (only 3 

events), this study was confined to a very small area. In chapter-II a large data set was 

utilized that provided a greater ray coverage in the lowermost mantle beneath the IOGL. 

By examining the travel time discrepancies between the radial and transverse 

components of the direct and core reflected shear waves, they inferred anisotropy in the 

D″ layer underneath this region. However, this study could not quantify the orientation 

and strength of the anisotropy, necessitating more direct measurements. In the present 

study, we investigate the seismic anisotropy of the lowermost mantle below the IOGL 

and the adjoining geoid high region, utilizing the splitting observed in ScS waveforms 

corrected for receiver side upper mantle anisotropy using the SKS results and source 

side anisotropy derived from receiver side corrected direct S phases on the same 

seismogram. This is justified since the S and ScS phases have similar ray paths beneath 

the source and receiver side and the S, SKS and ScS phases have similar ray paths 

beneath the receiver side (Figure 4.2). 

 

 

Figure 4.2: Ray paths of S (brown) and ScS (blue) phases for an epicentral distance of 75° and a source 

depth of 100 km. Ray path of SKS (black) for an epicentral distance of 110°. UM: Upper mantle, TZ: 

Transition zone (660-410 km), LM: Lower mantle. 
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4.2. Data: 

 In order to model the seismic structure of the lower mantle beneath the IOGL 

using the travel times of S and ScS phases, we collated a total of 78117 waveforms from 

4800 earthquakes of magnitudes ≥5.5 recorded at 1227 broadband seismological 

stations. The ray paths of the ScS phases originating from these earthquakes spanning 

an epicentral distance of 5° to 130° sample the CMB beneath portions of the study 

region (40° to 200°E and 45°S to 65°N). Further, we extracted  600 high quality (SNR ≥ 

2.5) waveforms due to events within an epicentral distance range of 36° to 90° having 

distinct S and ScS phases (ensured by manual checking) devoid of interference from 

other phases (like SKS, Sdiff and SdS). The S wave reflecting off the D″ layer 

discontinuity is known as Sbc and the S wave turning below the discontinuity is called 

as Scd. However, in the broadband data, these two phases are not distinguishable. 

Therefore, the combined arrival (Sbc+Scd) is termed as SdS phase. In the present study, 

we utilized these pre-processed waveforms to analyze the anisotropy in the D″ layer. 

However, only the events in the epicentral distance range of 55° to 86° are considered, 

since at these distances the S and ScS waves have similar ray paths in the upper mantle 

and the ScS waves have near horizontal ray paths in the D″ layer. Adopting these 

criteria, 315 high quality 3 component seismograms from 138 earthquakes recorded at 

189 stations are retained for analysis (Figure 4.3). The bottoming depths of the selected 

S waves range between 1328 and 2390 km. Prior to the splitting analysis, we bandpass 

filtered the waveforms between 0.05 and 1 Hz.  



Page 86 of 152 

 

 

Figure 4.3: Broadband seismological stations (black inverted triangles) and earthquakes (black stars) 

along with the ScS reflection points at the Core Mantle Boundary (light green crosses) superimposed on 

the geoid anomalies, that yielded the best quality seismograms. Yellow lines are geoid anomaly contours. 

The stations are operated under the aegis of Incorporated Research Institutions in Seismology, India 

Meteorological Department and National Geophysical Research Institute. 

 

4.3. Measurement of D″ layer anisotropy in the study region: 

 Analysis of splitting in shear waves whose initial polarisation is not known, like 

S, ScS and Sdiff, is typically performed using the Minimum Eigenvalue Method (Silver 

and Chan 1991; Savage 1999). This method minimizes the effect of anisotropy on a pair 

of horizontal seismograms corresponding to an earthquake by correcting for a range of 

possible lag-times between the fast and slow axes (δt) and the fast axis azimuths (Φ), 

using a simple grid search method. Mathematically, this is equivalent to calculation of 

eigenvalues of the covariance matrix of the two horizontal components for each pair of 

splitting parameters (δt and Φ) and choosing the optimal combination corresponding to 

the smallest eigenvalue, which best linearizes the ellipticity of particle motion. In the 
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present study, anisotropy in the D″ layer is estimated using the differential S-ScS 

splitting method (Wookey et al., 2005a, 2005b). This method basically comprises 

corrections for the receiver and source side anisotropy prior to measuring the lowermost 

mantle anisotropy. However, it is important that these corrections are applied in the 

reverse order of anisotropy experienced by the ScS phase, due to the non-commutative 

effect of the individual shear wave splitting operators (Silver and Savage, 1994; Silver 

and Long, 2011). Therefore, we first corrected the ScS waveforms for the receiver side 

anisotropy using the parameters extracted from the published SKS splitting database 

(Wüstefeld et al., 2009). For a given station, the splitting parameters are chosen in such 

a way that the back azimuth of the corresponding event lies within 10° of the source 

polarization of the S phase. In the absence of such SKS measurements, the composite 

result is considered. However, only those composite measurements derived from data 

that do not show any back azimuthal variations are used, to ensure that the upper mantle 

beneath the station is characterized by a single layer of anisotropy. The receiver side 

splitting parameters used are listed in Table S4.2. The direct S phase experiences a 

combined effect of anisotropy beneath the receiver and the source. Once the S 

waveforms are accounted for SKS anisotropy, they are analyzed to obtain the source 

side splitting parameters (Table S4.3). Subsequently, the ScS phases are corrected for 

the source side anisotropy parameters obtained from the S waves on the same 

seismogram to derive information about the lowermost mantle (D″ layer). In view of the 

non-commutative effect of the correction, the source side correction is applied for each 

node of the grid search. During this process, the eigenvalues of the covariance matrix of 

the corrected horizontal components are calculated and the combination of candidate 

anisotropic parameters (δt and Φ) that yields the smallest eigenvalue is chosen. The 

obtained splitting parameters represent the anisotropic character of the D″ layer. 
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 This process is applied to all the S and ScS phases on the same seismogram that 

both show clear elliptically polarized particle motion, an important diagnostic of 

anisotropy. If either of the phases does not meet this criterion, the waveform is 

discarded. This resulted in 25 measurements whose ScS reflection points at the CMB lie 

beneath the geoid low and 3 measurements beneath the geoid high region (Figure 4.4). 

Examples of the shear wave splitting measurements from the ScS waveforms corrected 

for source and receiver side effects are shown in Figure 4.5a and b. Figure 4.6 shows 

examples of shear wave splitting measurements using S and ScS waveforms before and 

after the upper mantle anisotropy correction.  

 
 
Figure 4.4: Broadband seismological stations (inverted triangles) and earthquakes (stars) along with the 

ScS reflection points at the Core Mantle Boundary (black crosses) superimposed on the geoid anomalies 

that yielded the best quality spitting results. Black lines indicate the great circle ray paths and the shaded 

region (light pink) indicates the ray paths sampling a 220 km thick D″ layer. Yellow lines are geoid 

anomaly contours. 
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(a) 
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Figure 4.5: (a) and (b) are example of ScS splitting measurement. Star in the contour plot denotes the best 

fitting splitting parameters. The dark contour represents the 95% confidence region. 

 

 

 

(b) 
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Figure 4.6: Example of S and ScS splitting analysis using waveforms corresponding to event 1994:05:29 

recorded at station MBWE, having a source depth of 42 km and an epicentral distance of 63.97°. Middle 

portion shows the original radial and transverse seismograms filtered between 0.05 and 1 Hz. Inset shows 

the uncorrected and source and receiver side anisotropy corrected fast and slow shear waves and their 

particle motion for S (left) and the ScS (right) waveforms. In this case, the receiver side splitting 

parameters used are δtRec = 0.1 s and ΦRec = 11° and the source side splitting parameters are δtSrc = 0.875s 

and ΦSrc = -4.0. 

 

4.4. Results and discussion: 

 The 28 high quality measurements of D″ layer anisotropy derived from ScS 

waveforms are listed in Table 4.1. These measurements are reliable because the 

waveforms used have distinct S and ScS phases that show a clear elliptical particle 

motion resulting in well constrained splitting parameters that best linearize the particle 

motion after correction for anisotropy. Figure 4.7 shows the splitting parameters plotted 
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at the ScS reflection points on the CMB. Out of these 28 measurements, the 25 

measurements (2 null and 23 splitting) that sample the CMB beneath the IOGL reveal 

delay times in the range of 0.2 to 2.2 s (Figure 4.7). In view of the near horizontal ray 

paths of the ScS phase in the D″ layer, the fast axis azimuths are interpreted in terms of 

the fast shear wave orientation (Φ*) in the plane defined by the vertical and transverse 

components (ray coordinate system). The value of Φ* is obtained by subtracting the fast 

axis polarization direction from the back azimuth of the corresponding event. The 3 

measurements sampling the geoid high region yield 1 null and 2 splitting measurements 

with delay times of 1.38 s and 1.68 s.    

 

Figure 4.7: Fast axis polarization directions in the ray coordinate system of D″ layer anisotropy plotted at 

the ScS reflection points. Length of the line indicates the magnitude of splitting time. Blue color crosses 

indicate null measurements. Slategray lines are geoid anomaly contours. Inset: Polar histogram of the fast 

axis polarization directions. Blue and brown color lines indicate measurements beneath the IOGL and 

geoid high regions respectively. 
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Table 4.1. This table lists anisotropic parameters for the D′′ layer estimated from corrected ScS phases 

(δtD″, Φ*D″). Δ : Epicentral Distance and ΔD″: Epicentral Distance in D′′ layer. 
 

Event Station Δ  

(°) 
ΔD″ 

(°) 
Azimuth 

(°) 

Back 

azimuth 

(°) 

δtD″   

(s)  
Φ*D″   

(°) 
Anisotropy 

(%) 

Measurements Beneath the Indian Ocean Geoid Low Region 

1994:05:29:14:11:51.70 MBWE 63.97 13.50 253.39 064.26 1.38±0.07 077.26±04.00 1.33 

1994:05:29:14:11:51.70 MTOR 63.15 13.18 252.59 063.80 1.68±0.10 071.80±01.37 1.66 

1994:08:08:21:08:31.90 MBWE 66.15 14.47 252.09 060.18 1.18±0.15 071.18±01.56 1.06 

1994:08:08:21:08:31.90 TUND 69.69 16.01 248.90 059.17 1.77±0.10 -18.82±03.16 1.45 

1994:10:31:11:48:15.90 MBWE 62.38 12.90 262.79 083.95 0.47±0.07 072.95±11.67 0.48 

1994:10:31:11:48:15.90 MITU 62.78 13.04 261.64 083.45 0.28±0.23 034.45±21.96 0.28 

1994:10:31:11:48:15.90 URAM 64.63 13.76 262.91 084.21 1.07±0.33 056.21±09.92 1.02 

1997:05:08:02:53:14.70 SA51 78.92 20.69 236.96 056.25 1.48±0.27 013.25±13.77 0.93 

1997:05:08:02:53:14.70 SA64 79.93 21.29 238.71 057.35 2.17±0.12 022.35±03.73 1.33 

1998:02:20:12:18:06.20 SA65 72.32 17.44 222.10 035.79 0.78±0.02 -00.21±00.00 0.58 

1999:03:28:19:05:11.00 SA49 72.71 17.29 225.86 042.99 1.27±0.86 042.99±26.91 0.96 

2001:03:12:23:35:08.40 DELE 71.31 16.63 281.48 100.61 0.78±0.02 059.61±00.03 0.61 

2002:11:02:09:46:46.70 NURE 56.55 10.90 278.52 092.24 1.07±0.72 059.24±32.62 1.29 

2005:10:29:04:05:56.00 KARD 65.84 14.19 336.17 162.65 1.48±0.50 120.65±12.35 1.36 

2007:09:13:16:09:16.40 CHIE 62.91 13.10 284.74 099.68 0.28±0.13 155.68±16.74 0.27 

2007:09:14:06:01:32.30 TRUE 62.68 12.99 286.30 101.31 1.48±0.30 062.31±05.42 1.48 

2007:10:23:19:56:47.40 MILE 60.29 12.14 284.37 098.99 0.88±0.45 073.99±23.56 0.94 

2008:01:22:17:14:58.00 MBAR 66.72 14.56 268.91 088.64 1.77±0.15 063.64±02.49 1.59 

2008:03:03:02:37:27.10 TRUE 60.86 12.33 285.60 099.67 0.47±0.15 096.67±13.49 0.50 

2008:07:14:04:44:54.00 MBAR 65.86 14.24 268.34 087.29 0.38±0.10 060.29±13.21 0.34 

2009:01:28:00:01:13.60 MBAR 67.53 14.90 269.46 090.03 1.57±0.12 073.03±02.25 1.38 

2009:09:02:07:55:01.00 AWEE 69.71 15.91 285.99 103.10 0.88±0.08 055.10±07.13 0.72 

2011:01:18:11:33:44.40 MBAR 65.72 14.16 268.15 086.84 1.88±0.10 065.84±06.45 1.73 

1994:08:08:21:08:31.90 MITU 66.93 14.79 251.24 059.87 Null 006.87±45.00 Null 

1994:10:31:11:48:15.90 TUND 64.46 13.69 258.19 082.09 Null 043.09±25.71 Null 

Measurements Beneath the Geoid High Region 

2003:09:11:21:58:25.50 ES05 72.69 17.27 306.92 111.58 1.68±0.15 145.58±06.90 1.27 

2003:09:11:21:58:25.50 ES42 72.06 16.97 304.05 110.48 1.38±0.20 103.48±08.46 1.06 

2003:09:11:21:58:25.50 ES01 72.78 17.32 306.40 111.27 Null 195.27±02.77 Null 
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 VTI is the most commonly invoked style of anisotropy for the lowermost 

mantle (e.g., Lay et al. 1998; Kendall 2000; Moore et al. 2004; Panning and 

Romanowicz 2004). Previous results on deep mantle anisotropy beneath a small part of 

the Indian Ocean reveal a ~2 s travel time difference between the transverse and radial 

components of the S phases [Ritsema, 2000]. This study attributed these travel time 

discrepancies to VTI type of anisotropy in a ~350 km thick layer above the CMB. It was 

opined that strong D″ anisotropy is localized in nature beneath the Indian Ocean since 

only S phases corresponding to epicentral distances > 88° show such large differences 

in delay times. However, the splitting parameters obtained in the present study seem 

incompatible with the VTI style of anisotropy beneath the IOGL, as observed from the 

polar histogram of the Φ* values (Figure 4.7). Due to the near horizontal ray paths of 

the ScS phases, Φ* is utilized to explore the style of anisotropy in the lowermost mantle 

(Wookey et al. 2005a). The best way to verify the type of anisotropy is to compare the 

splitting parameters from two distinct azimuthal ray paths which graze the same region 

in the lowermost mantle. Therefore, we examined the results by segregating them into 

three regions based on the azimuths of the ray paths of ScS phases sampling the D″ 

layer (assumed as a 220 km thick layer above the CMB) (Figure 4.8). In each of these 

regions the D″ is primarily sampled from two azimuths. The obtained splitting 

parameters in these three regions plotted as a function of azimuth and epicentral 

distance in the D″ layer clearly reveal that the Φ* values vary with azimuth (Figure 4.8 

and 4.9). Further, composite (average) splitting parameters (δt and Φ*) are calculated 

along each azimuth in these three regions (Region A: NEE-SWW (gray) and NE-SW 

(blue) ray paths, Region B: SEE-NWW (black) and NE-SW (blue) ray paths and Region 

C: NE-SW (slategray) and NNE-SSW (green) ray paths) (Figure 4.8). In region A, the 

average splitting parameters (δt and Φ*) for the NEE-SWW ray paths are ~1 s and ~61° 
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respectively and for the NE-SW ray paths the δt value is ~1.8 s and the Φ* value is 

~18°. In region B, the δt value is ~0.8 s and the Φ* value is ~70° for the SEE-NWW ray 

paths and for the NE-SW ray paths (same NE-SW ray-path of region A, which also 

samples the region B) the δt value is ~1.8 s and the Φ* value is ~18°. In region C, the 

NE-SW ray paths  show a  δt of ~1.5 s and a  Φ*  of ~74.5° and for the NNE-SSW ray 

paths, the δt is ~1.3 s and the Φ* value is ~43°. In any of these three regions, our 

measurements are not suitable to the VTI model because we did not observe Φ* = ~90°. 

Further, we observed the difference in the Φ* value with azimuth in all these three 

regions. Therefore, the obtained results suggest TTI is the most suitable model to 

explain the D″ layer anisotropy beneath the IOGL.   

 

Figure 4.8: Left panel: Individual ray paths of ScS phases in the D″ layer (assumed as 220 km thick layer) 

beneath the Indian Ocean Geoid Low region, divided into three regions A, B and C. Each region has two 

distinct azimuthal ray paths separated with different colors. Composite (average) splitting parameters of 

these three regions are shown below, angle represents the average fast axis polarization azimuth in ray 

coordinate system (Ф*) from north (0°) and length is proportional to the average delay time. Right panel: 

Stereographic plot of obtained splitting results in the D″ layer, plotted as a function of azimuth and 

epicentral distance in the D″ layer. Lines represents the fast axis polarization azimuth in ray coordinate 

system (Ф*) and their lengths represent delay times. 
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Figure 4.9: Variation of % of anisotropy with respect to azimuth (top) and variation of fast axis with 

respect to azimuth (bottom). Different colours indicate the residual splitting parameters sampling the 

different regions beneath the IOGL (Figure 4.8). 

 

 Two possible mechanisms namely Shape Preferred Orientation (SPO) and 

Lattice Preferred Orientation (LPO) are invoked to explain anisotropy in the D″ layer 
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(e.g., Kendall and Silver, 1998; Lay et al., 1998; Karato, 1998). The SPO mechanism 

explains the D″ layer anisotropy in terms of presence of material having distinct elastic 

properties compared to the surrounding lower mantle region. This could be in the form 

of partial melt, which some researchers feel is the cause for the ULVZs at the base of 

the mantle (Williams and Garnero, 1996; Lay et al., 2004; McNamara et al., 2010). This 

material, which is compositionally distinct, could reach the CMB either in the form of 

old subducted slabs or iron infiltration from the core (Kendall and Silver, 1998). When 

these ULVZ type materials form into sheets or lamellae, they cause the SPO induced 

anisotropy (Kendall and Silver, 1998) in the D″ layer. The feasibility of an SPO 

mechanism at such great depths is explained using the equivalent medium theory and 

forward modeling techniques (Kendall and Silver, 1998; Moore et al., 2004; Hall et al., 

2004) by considering synthetic lamellae and VTI models to generate synthetic 

seismograms using thickness, velocity and strength of anisotropy in the D″ layer as 

parameters. From these studies, it has been demonstrated that SPO is a plausible 

mechanism to explain anisotropy in the D″ layer, which matches with the seismological 

evidence found beneath the central Pacific region. Another plausible mechanism to 

explain the D″ layer anisotropy is LPO of the subducted material 200-350 km above the 

CMB that is experiencing high strain (Kendall and Silver, 1996; McNamara et al., 

2002). This LPO anisotropy is due to the deformation of material by dislocation creep 

(Karato, 1998). As the slabs reach the CMB, increased strain generates a regime of 

dislocation creep within and in the vicinity of the slab, as demonstrated by numerical 

modeling studies (McNamara et al., 2002, 2003). Though dislocation creep is 

responsible for deformation near the slab throughout the mantle, the threshold strain 

levels necessary for LPO formation are reached only at the CMB, due to the 

impingement of the subducted slabs. 
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  Generally, it is believed that the earth's mantle is pyrolitic in composition 

(Ringwood, 1962; McDonough and Sun, 1995). However, the results of Ricolleau et al. 

(2009) indicated that the measured density of the peridotite, which is a representative 

pyrolitic material and the PREM density model show a significant mismatch, which 

suggests a non-pyrolitic composition of the lower mantle, probably the Mid-Ocean 

Ridge Basalt (MORB) from subducting slabs. It is proposed that pyrolite is mainly 

composed of Orthorhombic MgSiO3 perovskite, Fe and Al (pv), cubic (Mg,Fe)O 

(ferropericlase, fpc) and CaSiO3 perovskite (Ca-pv) phases and these are present in the 

lowermost mantle (D"  layer) with proportions of 75, 20 and 5% respectively (Kesson et 

al. 1998; Murakami et al. 2005). MORB is rich in Al and Si (Hirose et al. 1999; Ono et 

al. 2001). However, experiment results of Hirose et al. (2005) indicate a mineralogy of 

40% pv, 20% Ca-pv, absence of fpc and presence of significant amounts of Na and Al 

rich phases (~20%) and ~20% of silicate phase in the MORB. 

 

   Since most of the lower mantle is made up of bridgmanite (pv) and post-

perovskite (ppv), these are the primary mineral phases that affect the propagation of 

seismic waves. Due to rotation of SiO6, pv is orthorhombic though the perfect pv is 

cubic. Oganov et al. (2001), Wentzcovitch et al. (2004), Wookey et al., (2005b) and 

Wentzcovitch et al. (2006) calculated the single-crystal elastic constants of pv at the 

pressure near the CMB. These studies indicate that pv can produce a maximum 

anisotropy around 13-20%, in the lowermost mantle. On the other hand, the 

orthorhombic ppv is seismically more anisotropic when compared to pv because of the 

octahedral layering of SiO6. Estimates of the elastic constants of ppv from experiments 

made at pressure and temperature conditions near the D″ layer (Mao et al., 2010) and ab 

initio calculations (Wookey et al., 2005b; Stackhouse et al., 2005b and Wentzcovitch et 
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al., 2006) indicated that the maximum anisotropy is around 42%. The other most 

abundant mineral in the lowermost mantle is the ferropericlase (fpc), which plays an 

important role in the seismic wave behavior in the D″ layer. Although ferropericlase 

(Mg,Fe)O is stable throughout the lower mantle,  it’s properties are altered mostly at the 

mid-mantle pressure and temperature conditions due to the spin change in Fe. Since fpc 

is cubic, three constants are required to understand the elastic behavior of the structure. 

Marquardt et al. (2009) experimentally determined the single-crystal elastic constants 

up to 81 GPa (~1800 km) for fpc ((Mg0.9Fe0.1)O) at ambient temperatures. However, 

Karki et al. (1999) used the ab initio to calculate the elastic constants up to 150 GPa and 

300 K for the pure Mg end member whereas Koci et al. (2007) calculated up to 150 GPa 

at 0 K for a range of Fe proportions up to 25% ((Mg0.75Fe0.25)O). Such studies enable an 

understanding of the effect of iron (in fpc), which generally reduces the crystal 

anisotropy (Koci et al., 2007). In addition to these mineral phases, Ca-pv along with the 

Si and Al mineral phases is also present, mostly in MORB composition. Due to the 

rotation of SiO6 at ~2000-2500 K, the cubic Ca-pv transforms into tetragonal Ca-pv at 

the CMB, as observed from the ab initio molecular dynamic (MD) simulations (Adams 

and Oganov 2006; Stixrude et al. 2007). These studies suggested that this low symmetry 

phase exists mostly in cold regions of the mantle. Li et al. (2006b) suggested that this 

phase is stable in the entire lower mantle. However, at the pressure and temperature 

conditions of the lowermost mantle, experiments have not been conducted, therefore, 

phase diagram of Ca-pv is uncertain in the lowermost mantle. Based on the calculation 

of elastic constants at the pressure and temperature conditions of CMB, it was indicted 

that maximum anisotropy is around ~20%, which is comparable to Ppv and fpc (Li et 

al., 2006a; Adams and Oganov, 2006; Stixrude et al., 2007). However, due to the minor 

amount of Ca-pv in the lowermost mantle, this is neglected for the anisotropy 
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contribution. The other silica phases are also present in the D″ layer, those are 

orthorhombic CaCl2 or α-PbO2 forms.  At nearly 110-120 GPa (2500-2600 km), 

transition takes place in these phases and no measurements of velocities or elastic 

constants have been calculated at the pressure and temperature conditions of the 

lowermost mantle. Karki et al. (1997a, b) measured the elastic constants from ab initio 

calculations at the conditions of high pressure and 0 K temperatures and observed that 

α-PbO2 indicates a maximum of ~15 % of anisotropy at 0 K. Moreover, due to low 

abundance, it is not considered as the major contributor of anisotropy in the D″ layer. 

Measurements at high temperature may help to quantify the properties of free silica in 

the lowermost mantle, which will have consequences for understanding the role of 

subducted MORB at the CMB, which plays a major role in D″ layer anisotropy. 

 

 Few data are available to understand LPO development in the lowermost mantle 

minerals. Also, most experiments are carried out at pressure and temperature conditions 

that are unrealistic compared to those found at the CMB and in the case of post-

perovskite, the laboratory experimets are done on analog materials. Deformation 

experiments conducted by Merkel et al. (2007) on MgSiO3 post-perovskite predicted 

that the shear wave splitting patterns are weakly correlated with the seismological 

constraints. However, in such experiments, the difficultly in achieving the insitu 

temperatures that mimic the Earth's mantle leads to a huge uncertainty. We feel that 

experiments done at high temperatures on analog materials (Yamazaki et al., 2006) are 

more reliable (Karato, 2008) and the experimentally determined LPO patterns for 

CaTiO3 post-perovskite (Yamazaki et al., 2006) are consistent with the seismological 

observations (Wookey and Kendall, 2007). Recently, Yoneda et al. (2014) studied the Pv 

and pPv-CaIrO3 single-crystal elasticity based on the mineral physics experiments on 
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analogue materials to interpret the D″ layer anisotropy. This study proposed a post-

perovskite (pPv) LPO model to explain anisotropy in the D″ layer and this model is 

consistent with the seismic observations. Different studies have shown that the fabric 

development in (Mg,Fe)O aggregates at large shear strains (Yamazaki and Karato, 2002; 

Merkel et al., 2002; Heidelbach et al., 2003; Long et al., 2006). However, experimental 

determinations of LPO patterns with single-crystal elastic constants at very high 

pressure conditions resembling those near the D″ layer predict shear wave splitting 

consistent with the seismological observations (Long et al., 2006). Even though the data 

for LPO experiments on lowermost mantle phases remain incomplete, it is observed that 

the contribution to any LPO induced anisotropy is due to the ferropericlase and post-

perovskite, and bridgmanite when dominantly present in the D″ layer (Mainprice et al., 

2008). In addition to the laboratory experiments on analogue materials, primary 

principle calculations with the help of Peierls-Nabarro model (e.g., Devincre et al. 2001; 

Walker et al. 2010) are also utilized to investigate the deformation mechanisms (slip 

systems, which help to determine how the mineral aligns). The dominant slip system for 

pv is (100)[010], determined with the help of Peierl-Nabarro dislocation model 

(Mainprice et al. 2008), which agrees with the experimental results of Cordier et al. 

(2004) and Merkel et al. (2003) performed at pressures lower than the pressures at 

CMB. The slip system for ppv is (010), suggested on the basis of structural arguments, 

which agrees with the experimental results on CaIrO3. However, Carrez et al. (2007) and 

Metsue et al. (2009) proposed that the dominant slip system for ppv is [100](010) with 

the help of Peierls-Nabarro modeling. Carrez et al. (2009) suggested that the dominant 

slip system for the periclase is 1/2<110>{110} at low temperatures on the basis of 

Peierls-Nabarro modeling. 
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In spite of all the above posibilities, the D″ layer anisotropy is primarily 

attributed to the SPO of melt pockets (Kendall and Silver, 1998) and the LPO induced 

anisotropy due to high strain deformation by a dislocation creep regime, due to 

impingement of slabs at the CMB (e.g., McNamara et al., 2001, 2002). The SPO model 

does not seem plausible for the observed anisotropy beneath the IOGL, since this 

requires orientataion of partila melts that are expected to have very low shear wave 

velocities. On the contrary, evidence for high density and large shear wave velocities at 

the CMB beneath the IOGL is documented from previous studies involving modeling of 

ScS-S differential travel time residuals (Rao and Kumar, 2014). Moreover, the existence 

of such high shear wave velocities at the CMB is revealed by the S40RTS global 

tomography model (Ritsema et al., 2011). Presence of palaeo-subducted slabs below the 

region also gains support from the coincidence of the present day IOGL with the 

reconstructed position of the Tethyan subduction (Aitchison et al., 2007). Therefore, we 

propose that a possible mechanism for explaining anisotropy beneath IOGL is the LPO 

deformation of palaeo-subducted slabs in the D″ layer. The high shear strain required to 

produce such anisotropy can be achieved by high stresses caused by the palaeo-slabs 

(McNamara et al., 2001; McNamara et al., 2002; Garnero and Lay, 2003; Cottaar et al., 

2014). Presence of palaeo-subducted slabs below the region also gains support from the 

coincidence of the present day IOGL with the reconstructed position of the Tethyan 

subduction (Aitchison et al., 2007). Hence, we favor this mechanism to explain the 

observed TTI type of anisotropy beneath the IOGL. A possible mechanism for 

explaining anisotropy beneath IOGL is the LPO deformation of palaeo-subducted slabs 

in the D″ layer. The high shear strain required to produce such anisotropy can be 

achieved by high stresses caused by the impingement of palaeo-slabs on the CMB 

(McNamara et al., 2001; McNamara et al., 2002; Garnero and Lay, 2003; Cottaar et al., 
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2014). Evidence for the existence of high density dehydrated slab graveyards in the 

vicinity of the CMB beneath the IOGL region comes from a modeling of ScS-S 

differential travel time residuals (Chapter-II), which inferred high shear wave velocities 

above the CMB. The existence of such high shear wave velocities at the CMB are also 

evidenced by the S40RTS global tomography model (Ritsema et al., 2011). Presence of 

palaeo-subducted slabs below the region also gains support from the coincidence of the 

present day IOGL with the reconstructed position of the Tethyan subduction (Aitchison 

et al., 2007). Hence, we favor this mechanism to explain the observed TTI type of 

anisotropy beneath the IOGL.  

 

4.5. Conclusions: 

 Shear wave splitting analysis of the ScS phases reveals evidence for strong      

D″ anisotropy beneath the IOGL. The observed fast axis polarization azimuths in the 

ray coordinate system suggest that the anisotropy in the D″ layer is TTI in nature. Our 

candidate mechanism to explain the D″ anisotropy is the LPO of lowermost mantle 

minerals owing to deformation of the Tethyan subducted slabs. The high shear wave 

velocities deciphered from modeling of ScS-S travel time anomalies have been 

previously ascribed to high density dehydrated slab graveyards atop the CMB (Rao and 

Kumar, 2014) beneath the IOGL. Interestingly, the present day location of the IOGL 

coincides with the palaeo reconstructed location of the Tethyan subduction (Aitchison et 

al., 2007). This prompts us to interpret that the most prominent cause of anisotropy in 

the D″ layer beneath the IOGL is due to the LPO deformation of palaeo-slabs under 

high strain.     
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Chapter-V 

 

Conclusions 

 

 This study attempts to elucidate the seismic structure of the lowermost mantle 

beneath the Indian Ocean Geoid Low in terms of compressional and shear wave 

velocity structure, anisotropy and nature of heterogeneity.  A total of 78117 waveforms 

from 4800 earthquakes having magnitudes ≥5.5 recorded at 1227 broadband 

seismological stations are utilized to identify high quality ScS and S phases. Similarly, 

for the identification of high quality PcP and P phases, we processed 73217 waveforms 

from 3208 earthquakes having magnitudes ≥5.5, recorded at 930 broadband 

seismological stations. The broadband seismometers are operated under the aegis of 

Incorporated Research Institutions for Seismology (IRIS), National Center for 

Seismology (NCS) and the National Geophysical Research Institute (NGRI).   

The main conclusions drawn from this study are  

 

5.1. Evidence for high shear wave velocities atop the CMB: 

 The 600 high quality ScS-S differential travel time residuals plotted at the ScS 

reflection points on the CMB (Figure 2.6) indicate negative and positive residuals. 

However, most of the negative differential travel time residuals are associated with the 

IOGL and the positive differential travel time residuals with the adjoining geoid high 

region. Negative ScS-S differential travel time residuals beneath the IOGL indicate 

presence of high velocity materials in the lowermost mantle, in agreement with the 

global tomographic model (S40RTS). Further, the obtained differential travel time 
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residuals are explained in terms of velocity perturbations by utilizing the forward 

modeling technique. The obtained results indicate high shear wave velocities above the 

CMB beneath the IOGL and low shear wave velocities beneath the adjacent region 

having the geoid high. A high impedance contrast at the CMB beneath the IOGL is 

evidenced by positive ScS/S amplitude residuals. The observed high impedance contrast 

signifies high velocity material situated above the CMB, corroborating the results 

obtained from travel time residuals. The travel time residuals can be explained in terms 

of a maximum increase of 1.6% (w.r.t. IASP91 model) in shear velocities beneath the 

IOGL. These high velocities can be reconciled by the presence of slab graveyards linked 

to the Tethyan subduction below the Lhasa block of the Asian plate during the Mesozoic 

period, that are currently pounded on the CMB. This interpretation is based on the 

evidence that the position of the present day IOGL corresponds to the reconstructed 

position of the Tethyan subduction (Aitchison et al., 2007). However, this method does 

not constrain the thickness of the anomalous layer because the S phase bottoming point 

varies with epicentral distance. Therefore, the modeled layer thickness varies from point 

to point (Figure 2.8).  Further, anomalous ScSV-ScSH differential travel times indicate 

presence of anisotropy in the D″ layer below the Indian Ocean. 

  

5.2. Shear and Compressional wave velocities in the D″ layer: 

 Having ascertained the existence of high shear wave velocity structure above the 

CMB, we further model the compressional wave velocity structure, together with the 

shear structure, using the PcP-P and ScS-S differential travel time residuals. As a 

refinement, the obtained differential travel time residuals have been corrected for the 

structure between the S phase bottoming point to the top of the D″ layer (assumed to be 

220 km thick), utilizing the suitable global tomographic models (i.e., S40RTS shear 
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wave velocity model (Ritsema et al., 2011) for S and GyPSuM compressional wave 

velocity model (Simmons et al., 2010) for P). Therefore, the corrected differential travel 

time residuals represent the anomalous residuals in the D″ layer. These corrected 

differential travel time residuals are utilized to model the compressional and shear wave 

velocities especially within the D″ layer, adopting the iterative Monte-Carlo method. 

Modeling results reveal high shear and compressional wave velocities in the D″ layer. 

The maximum compressional and shear wave velocities are ~5% higher than the PREM 

velocity model. These high velocities in the D″ layer can be due to the presence of slabs 

at the CMB, related to the Tethyan subduction below the Lhasa block of the Asian plate 

during the Mesozoic time. Presence of slabs beneath the IOGL is also supported by the 

study of the Aitchison et al. (2007), which inferred that the present day position of 

IOGL corresponds to the reconstructed position of the Tethyan subduction. Based on 

this evidence, we conclude that the observed high compressional and shear wave 

velocities in the D″ layer are mainly because of the dehydrated slabs at the CMB (D″ 

layer).  

 

5.3. Nature of heterogeneity at the CMB: 

The nature of heterogeneity in the D″ layer has been studied with the help of 

relative behavior of the shear and compressional wave velocities within the layer (i.e. R 

= δlnVs/δlnVp). In general, it has been inferred that a value of R ≥2.5±0.2 cannot be 

explained simply by temperature differences alone, requiring chemical density 

differences (Masters et al., 2013; Karato and Karki, 2001). R values up to 1.8 at around 

1500 km, 2.0 at 2000 km and 2.3 in the lowermost mantle are attributed to the 

temperature and pressure effects and higher R values require other explanations like 

chemical effects, based on mineral physics studies (J. Brodholt et al., Fre´jus Workshop, 
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2003). Some of the researchers measured R values with the help of tomographic 

models, however, the tomographic models can explain only the long wavelength 

(>1000km) features. In our study, the nature of heterogeneity is studied with the help of 

R value in the bottom 220 km thick layer (D″ layer) by utilizing the compressional and 

shear wave velocities obtained by modeling of corrected PcP-P and ScS-S differential 

travel time residuals. These differential travel time residuals will help to decipher the 

short wave length features also. However, it is very difficult to obtain PcP and ScS data 

with coincident reflection points at the CMB. In view of this, the calculated velocity 

perturbations are simply averaged over 1°x1° grids with a Gaussian average having a 

radius of 3°. Further, the R values are calculated by using the averaged compressional 

and shear wave velocity perturbations in the D″ layer. The obtained R values vary from 

-8 to 8. In some regions, high R values are observed. These regions correlate with sharp 

variation in the differential travel time residuals. However, low R values varying 

between -2 and 2 are observed especially beneath the IOGL. These low R values 

beneath the IOGL indicate that the anomalies (subducted slabs at the CMB) in the       

D″ layer are mainly because of the temperature effects or anomalies that are thermal in 

origin.  

 

5.4. Seismic anisotropy in the D″ layer: 

 Seismic anisotropy of the lowermost mantle (D″ layer) beneath the IOGL and 

the adjoining geoid high region has been investigated by utilizing the splitting observed 

in ScS waveforms corrected for receiver side upper mantle anisotropy using the SKS 

results and source side anisotropy derived from receiver corrected direct S phases on the 

same seismogram. The correction has been applied by using the SKS and S phases 

because the S and ScS phases have similar ray paths beneath the source and receiver 
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side and the S, SKS and ScS phases have similar ray paths beneath the receiver side. 

The obtained 28 high quality measurements are utilized to understand the anisotropic 

nature of the D″ layer. These measurements are reliable because the waveforms used 

have distinct S and ScS phases that show a clear elliptical particle motion resulting in 

well constrained splitting parameters that best linearize the particle motion after 

correction for anisotropy. Out of these 28 measurements, the 25 measurements (2 null 

and 23 splitting) that sample the CMB beneath the IOGL reveal delay times in the range 

of 0.2 to 2.2 s. In view of the near horizontal ray paths of the ScS phase in the D″ layer, 

the fast axis azimuths are interpreted in terms of the fast shear wave orientation (Φ*) in 

the plane defined by the vertical and transverse components (ray coordinate system). 

The value of Φ* is obtained by subtracting the fast axis polarization direction from the 

back azimuth of the corresponding event. The 3 measurements sampling the geoid high 

region yield 1 null and 2 splitting measurements with delay times of 1.38 s and 1.68 s. 

The estimated shear wave splitting parameters reveal evidence for strong anisotropy in 

the D″ layer beneath the IOGL. The observed fast axis polarization azimuths in the ray 

coordinate system suggest that this anisotropy is TTI in nature. Our candidate 

mechanism to explain the D″ anisotropy is the LPO of lowermost mantle minerals 

owing to deformation of the Tethyan subducted slabs. The high shear wave velocities 

deciphered from modeling of ScS-S travel time anomalies have been previously 

ascribed to high density dehydrated slab graveyards atop the CMB (Rao and Kumar, 

2014) beneath the IOGL. Interestingly, the present day location of the IOGL coincides 

with the palaeo reconstructed location of the Tethyan subduction (Aitchison et al., 

2007). This prompts us to interpret that the most prominent cause of anisotropy in the 

D″ layer beneath the IOGL is due to the LPO deformation of palaeo-slabs under high 

strain.     
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 Multiple results characterizing the D″ layer beneath the IOGL indicate 

existence of a Tethyan subducted slab having high compressional and shear wave 

velocities, which is thermal in origin and anisotropic in nature. The oceanic slabs have 

more water content, whose storage is mainly dependent on the minerals affiliated with 

the subducting slabs. These minerals are mainly wadsleyite and ringwoodite, which 

have more potential to hold huge amount of water (Inoue et al., 1995; Ohtani et al., 

2000). Therefore, along the subducting slab, water is also transported to the deeper 

depths by these hydrous minerals. However, temperature and pressure play a very 

important role in the amount of water transported by the hydrous minerals to deeper 

depths. For example, if wadsleyite has 2.0 wt.% water at 1000°C, this decreases to 0.5 

wt.% at 1600°C and 15 GPa pressure (Litasov and Ohtani, 2002). When the slab reaches 

upper-to-mid mantle levels (i.e., ~1200-1500 km), these hydrous minerals begin to 

dehydrate and release water. Due to this process, the majority of the water is 

accumulated in the upper-to-mid mantle depths.  As a consequence, the dehydrated slab 

attains high density and sinks into the lowermost mantle and settles at the CMB. These 

high density slabs increase the seismic wave speeds. The high shear and compressional 

wave velocities in the D″ layer beneath the IOGL are clearly evidenced by modeling of 

observed negative ScS-S and PcP-P differential travel time residuals. Therefore, the 

main cause of the observed high shear and compressional wave velocities are the 

dehydrated high density slabs at the CMB, which are related to the thermo-chemical 

processes responsible for the formation of the D″ layer. However, a mineral physics 

study by Trampert et al. (2001) signifies that the sensitivities of seismic velocities are 

attributed to the temperature changes in the D″ layer. Basically, it is believed that the 

lowermost mantle is a thermally driven layer and the temperature changes are mainly 

compositional dependent.  Low R values beneath the IOGL inferred from the present 
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study indicate that the subducted slab at the CMB is thermal in nature. One of the 

plausible mechanism to explain/produce the anisotropy in the D″ layer is LPO of the 

subducted material 200-350 km above the CMB that is experiencing high strain 

(Kendall and Silver, 1996; McNamara et al., 2002). This LPO anisotropy is due to the 

deformation of material by dislocation creep (Karato, 1998). As the slabs reach the 

CMB, increased strain generates a regime of dislocation creep within and in the vicinity 

of the slab, as demonstrated by numerical modeling studies (McNamara et al., 2002, 

2003). Though dislocation creep is responsible for deformation near the slab throughout 

the mantle, the threshold strain levels necessary for LPO formation are reached only at 

the CMB, due to the impingement of the subducted slabs. The existence of anisotropy in 

the D″ layer is also evidenced in the present study, which strengthens the existence of 

slabs at the CMB beneath the IOGL. 

 

5.5. Indirect evidence for cause of the IOGL: 

 The geoid anomalies observed on the Earth’s surface correlate with the velocity 

and density heterogeneities of the present day lower mantle (Hager et al., 1985; Hager 

and Richards, 1989). Forward modeling to explain these features on a global scale 

suggests lower mantle convection as a plausible mechanism, with the maximum source 

depth for the positive anomalies being the Core Mantle Boundary (CMB) and for the 

negative anomalies being 1200 km (Chase, 1979). Interestingly, it has been 

demonstrated that the present day geoid lows have a remarkable spatial coincidence 

with the reconstructed subduction zones 125 Ma ago (Chase and Sprowl, 1983). The 

authors explain this intriguing correspondence between the modern geoid and ancient 

plate boundaries in terms of intimate upper and lower mantle coupling in the past or a 

lag of at least 100 Ma in response of the lower mantle to the upper mantle conditions. A 
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global analysis of the correlation between various tomographic models and the geoid 

reveals that the geoid lows are characterized by slow seismic velocities in the upper 

(above 1000 km) and fast seismic velocities in the lower half of the mantle (Spasojevic 

et al., 2010). The authors indicate that their flow models reproduce the geoid minima if 

the mid-to-upper mantle upwellings are positioned above the inferred locations of 

ancient subducted slabs, implying that buoyant upwellings above slab graveyards play a 

significant role in producing the global pattern of geoid lows. The Indian Ocean Geoid 

Low (IOGL) to the south of the Indian sub-continent is the most spectacular geoid 

anomaly on the globe, that appears as a very long wavelength feature (>15000 km) 

covering the entire Indian Ocean. A recently prepared high resolution (1’x1’) geoid 

anomaly map of the northern Indian Ocean generated from altimeter data reveals that 

the region is dominated by a significant low of -106 m south of Sri Lanka (Sreejith et 

al., 2013). Although many studies attempted to localize the origin of this geoid low, a 

conclusive explanation still remains elusive. Early efforts by Negi et al. (1987) to 

explain this feature using satellite magnetic data invoke undulation on the CMB as a 

possible cause, in conformity with the hypothesis that such undulations cause large 

wavelength geopotential anomalies (Hide, 1969; Hide and Malin, 1970). Based on the 

wavelength of the geoid anomaly and the degree harmonics, it is proposed that the 

IOGL represents a major density void related with lower mantle flow at depths of 1800 

km (Rajesh, 2009). On the other hand, spectral analysis of the Indian Ocean geoid 

anomalies indicates source depths of the large wavelength features at 1300, 700 and 340 

km. The authors model the large wavelength regional gravity anomalies in terms of 

negative density contrasts in layers corresponding to these depths and imply that this 

geoid low is caused by the low density subducted rocks of the Indian/Tethyan 

lithosphere that got concentrated in the upper mantle and middle mantle below the 660 
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km discontinuity (Mishra and Kumar, 2012). However, Spasojevic et al. (2010) state 

that the IOGL cannot be fit by models that reproduce geoid anomalies elsewhere on the 

globe, with the mantle structure shallower than 1000 km explaining only about 20% of 

the predicted anomaly. Although this can be attributed to poor resolution of the global 

models owing to scarcity of seismic stations and hence ray coverage, the role of the 

deeper mantle features in explaining this anomaly needs closer examination. In this 

study, we investigate variations in the compressional and shear wave velocity structure 

in the lowermost mantle, nature of heterogeneity and the anisotropic nature of the 

lowermost mantle (D″ layer) beneath the IOGL and the adjacent region of geoid high. 

This study indirectly enabled understanding the cause of this world’s largest geoid 

anomaly (IOGL).  

 

 As discussed above, the high compressional and shear wave velocities in the 

lowermost mantle (D″ layer) suggest existence of dehydrated material at the CMB. 

During the travel of the Tethyan subducted slab, the mid-to-upper mantle is influenced 

by (i) the concentration of low density subducted slabs and (ii) the huge water content 

from the oceanic slab that triggers various processes like dehydration and 

metamorphism, which lower the velocities (and densities) in the mid-to-upper mantle 

(Ohtani et al., 2004; Hirschmann, 2006), in the vicinity. This is also evidenced from the 

low shear wave velocities in the mid-to-upper mantle in the global tomographic model 

(S40RTS.), which is the major contributor to the observed IOGL. Since only 20% of the 

geoid anomaly in the Indian Ocean is related to the shallow mantle structure (<1000 

km) (Spasojevic et al., 2010), the candidate mechanisms to explain the remaining 80% 

anomaly should reside in the lower mantle. The sources are the high density materials 

(Tethyan slab graveyards) as witnessed by the high velocities atop the CMB. The logical 
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explanation for the deep source for the IOGL could be (i) due to the recirculation of the 

Tethyan slab graveyards through mantle upwellings that get influenced by the buoyant 

hydrated mantle environment lowering the velocities/densities above slab graveyards, 

(ii) evidence from  mineral physics studies that there exist two dehydration sites in the 

lower mantle (Hirschmann, 2006) – one at the top of the lower mantle and the other at 

1200–1500 km depth, (iii) olivine-water phase relationships (Ohtani et al., 2004).  

Hence, we conclude that the lowering of density and shear velocity at mid-to-upper 

mantle depths due to the dehydration of slabs could be the most important causative 

factor for the Indian Ocean Geoid Low (IOGL). 

 

5.6. Future Scope: 

 This thesis presents the lowermost mantle (D″ layer) structure in terms of 

compressional, shear wave velocities, nature of heterogeneity and the anisotropic nature 

of the D″ layer. Results from the present study indicate existence of dehydrated high 

density slab graveyards at the CMB in terms of high compressional and shear wave 

velocities and its thermal and anisotropic (TTI type) nature due to the impingement of 

subducted slabs. We interpret that during the subduction process, these slabs get 

dehydrated at the mid-to-upper mantle depths. The water carried by the slabs lowers the 

densities and velocities of the ambient mantle and then the dehydrated slabs sink further 

down and settle at the CMB. However, investigation of the mid-to-upper mantle 

structure is necessary to strength the interpretation. This will be helpful to understand 

the cause of the world’s largest geoid anomaly. Therefore, it is essential to study the 

mid-to-upper mantle structure beneath the study region. 
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Supporting Information 

 

 
Table S2.1: List of selected events utilized for the ScS-S differential travel time analysis. 

Origintime Lat  

(º) Lon (º) Depth 

(km) Origintime Lat 

(º) 
Lon 

(º) 
Depth 

(km) 

1991-08-11-14-43-53.80 130.31 -3.18 33.00 2001-02-14-04-45-35.60 102.49 -5.16 33.00 

1991-08-24-11-13-09.90 130.35 -6.04 58.00 2001-02-21-15-22-20.80 102.45 -4.90 33.00 

1991-10-15-16-18-02.60 130.07 -6.52 146.00 2001-03-12-23-35-08.40 106.12 -7.21 33.00 

1992-01-13-11-58-23.40 127.33 1.39 113.00 2001-03-14-18-56-18.90 121.89 0.45 109.40 

1992-04-07-03-37-03.10 130.94 -4.24 54.00 2001-07-31-09-43-14.50 103.34 -5.28 33.00 

1992-04-16-23-54-04.50 149.23 -5.74 150.00 2001-10-14-01-10-45.60 110.63 -8.60 67.20 

1992-05-04-08-44-59.60 130.14 -6.72 67.00 2002-03-17-03-37-19.90 122.32 0.68 79.40 

1992-05-17-21-36-00.10 153.23 -6.46 33.00 2002-03-23-05-15-51.40 128.11 1.39 115.30 

1992-06-02-20-03-18.80 92.75 -16.14 10.00 2002-05-12-23-12-52.90 127.09 -1.14 33.00 

1994-05-29-14-11-51.70 94.15 20.54 42.00 2002-05-14-16-56-10.40 78.93 -36.52 10.00 

1994-08-04-22-15-37.80 31.54 -6.32 33.00 2002-10-03-19-05-10.70 115.66 -7.53 315.80 

1994-08-08-21-08-31.90 95.22 24.72 127.00 2002-10-06-15-46-33.00 118.34 -8.20 10.00 

1994-09-28-16-39-52.20 110.33 -5.77 643.00 2002-10-10-21-19-58.50 134.11 -1.48 10.00 

1994-10-31-11-48-15.90 96.27 3.03 46.00 2002-11-02-09-46-46.70 96.39 2.95 27.00 

1994-11-15-20-18-11.20 110.20 -5.61 559.00 2002-12-01-14-37-23.00 117.26 -11.24 19.20 

1995-05-13-21-00-54.30 108.92 -5.22 554.00 2003-02-08-08-49-57.40 45.10 -39.78 10.00 

1996-07-20-09-14-04.10 120.67 13.86 110.00 2003-03-30-18-13-34.10 127.54 -3.17 33.00 

1996-11-11-09-22-27.70 95.01 19.33 80.00 2003-05-11-17-51-35.10 126.94 -0.99 30.20 

1997-05-08-02-53-14.70 92.25 24.89 35.00 2003-05-18-01-31-48.50 168.82 -18.84 85.90 
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1997-09-26-15-48-34.30 128.99 -5.39 253.80 2003-05-26-23-13-29.70 123.71 6.76 565.80 

1997-11-21-11-23-06.30 92.70 22.21 54.40 2003-07-01-05-52-25.90 122.51 4.53 635.40 

1998-02-20-12-18-06.20 71.09 36.48 235.60 2003-07-25-09-37-45.80 149.69 -1.53 24.00 

1998-07-29-18-00-30.00 138.90 -2.69 33.00 2003-08-28-06-38-11.60 126.05 -7.32 409.20 

1998-09-08-09-10-03.00 144.01 13.26 141.00 2003-08-31-09-01-32.10 146.35 10.54 57.30 

1998-10-27-21-16-21.00 128.62 2.92 60.70 2003-09-11-21-58-25.50 156.16 -8.20 10.00 

1998-11-25-18-05-25.70 158.62 -7.86 47.90 2003-10-04-14-49-02.70 125.41 -7.05 532.70 

1998-12-16-17-45-05.40 126.18 1.12 33.00 2003-10-09-22-19-13.90 119.94 13.76 33.00 

1999-02-04-19-28-00.80 95.28 4.03 55.50 2003-10-17-10-19-06.80 154.15 -5.47 133.00 

1999-02-05-11-39-45.20 166.97 -12.62 213.00 2003-10-17-17-19-53.60 102.46 -5.08 35.10 

1999-02-22-01-00-32.90 169.68 -21.45 33.00 2003-11-06-10-38-04.30 168.89 -19.26 113.70 

1999-03-28-19-05-11.00 79.40 30.51 15.00 2003-11-27-10-34-56.20 127.39 -3.12 33.00 

1999-06-02-00-23-19.50 123.48 0.05 161.00 2004-01-15-07-26-53.00 151.06 -3.53 10.00 

1999-08-14-00-16-52.30 104.71 -5.89 101.40 2004-01-28-22-15-30.70 127.40 -3.12 17.40 

1999-10-23-02-12-05.00 153.41 -4.81 83.30 2004-02-05-21-05-02.80 135.54 -3.62 16.60 

1999-11-11-18-05-43.50 100.32 1.28 211.00 2004-02-07-02-42-35.20 135.02 -4.00 10.00 

1999-11-15-05-42-43.20 88.98 -1.34 10.00 2004-02-08-08-58-51.80 135.34 -3.66 25.70 

1999-11-29-03-46-30.20 89.04 -1.27 10.00 2004-02-11-05-28-25.90 135.56 -3.63 22.70 

1999-12-21-14-14-57.60 105.56 -6.84 56.00 2004-02-22-06-46-27.00 100.49 -1.56 42.00 

2000-05-08-12-29-59.70 98.00 -0.85 33.00 2004-04-09-15-23-35.00 167.20 -13.17 228.40 

2000-06-06-09-58-06.80 102.70 -5.09 33.00 2004-04-17-19-00-55.20 129.98 -6.39 157.20 

2000-06-09-08-00-24.10 102.68 -5.55 33.00 2004-06-25-02-35-07.80 130.38 -6.71 70.50 

2000-06-19-09-34-57.00 120.53 14.01 115.00 2004-07-28-03-56-28.60 133.09 -0.44 13.40 
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2000-06-20-11-34-00.00 97.58 -14.10 10.00 2004-07-29-22-21-41.80 143.04 -4.09 56.20 

2000-07-10-10-39-39.00 103.76 -4.47 104.70 2004-08-28-17-00-58.20 157.25 -8.69 10.00 

2000-08-07-14-33-55.90 123.36 -7.02 648.50 2004-10-13-20-35-41.00 130.53 -6.07 89.90 

2000-10-07-11-57-40.90 119.38 -9.97 33.00 2005-05-14-10-26-44.40 96.05 -45.61 10.00 

2000-10-30-12-01-30.80 119.07 -9.71 33.00 2005-10-11-15-05-39.70 95.10 4.82 30.00 

2001-01-16-13-25-09.80 101.78 -4.02 28.00 2005-10-15-15-51-07.20 123.36 25.32 183.40 

2001-02-13-19-28-30.30 102.56 -4.68 36.00 2005-10-29-04-05-56.00 96.90 -45.21 8.00 

2005-11-19-14-10-13.00 96.79 2.16 21.00 2007-11-27-11-49-58.00 162.15 -10.95 16.00 

2005-11-30-16-53-42.50 124.03 6.27 13.00 2007-12-15-08-03-15.80 127.47 -7.53 175.90 

2006-01-15-11-58-29.10 122.60 -7.83 264.80 2007-12-15-09-39-52.90 131.09 -6.61 50.70 

2006-01-31-19-15-51.60 96.07 2.70 20.00 2007-12-22-12-26-18.60 96.80 2.09 31.90 

2006-03-06-18-13-08.40 78.49 -40.10 10.00 2008-01-04-07-29-18.30 101.03 -2.78 35.00 

2006-03-31-21-14-47.20 126.37 3.79 54.60 2008-01-20-20-26-04.90 126.82 2.35 35.00 

2006-04-01-10-02-19.60 121.28 22.87 9.00 2008-01-22-17-14-58.00 97.44 1.01 20.00 

2006-04-19-20-36-48.30 93.24 2.65 30.00 2008-02-24-14-46-21.50 99.93 -2.40 22.00 

2006-04-25-18-26-17.10 97.00 1.99 21.00 2008-03-03-02-37-27.10 99.82 -2.18 25.00 

2006-05-08-09-16-57.90 102.36 -4.84 42.80 2008-03-12-11-23-34.10 167.34 -16.57 13.00 

2006-05-13-03-11-42.90 94.44 5.51 45.60 2008-04-02-19-10-19.40 129.20 -7.05 180.70 

2006-05-16-15-28-25.90 97.05 0.09 12.00 2008-04-09-11-13-17.20 168.86 -20.17 13.00 

2006-07-27-11-16-40.40 97.15 1.71 20.00 2008-04-11-17-45-05.60 168.82 -20.40 35.00 

2006-08-07-22-18-54.00 167.80 -15.78 140.60 2008-04-28-20-26-53.10 168.82 -20.24 35.00 

2006-08-11-20-54-14.40 96.35 2.40 22.00 2008-04-29-19-10-02.20 127.48 -6.11 404.70 

2006-08-16-18-38-59.30 61.74 -28.82 7.00 2008-05-09-21-51-29.70 143.18 12.52 76.00 
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2006-10-22-08-55-16.70 95.99 -45.73 10.00 2008-05-31-04-37-56.00 80.48 -41.20 9.00 

2006-12-01-03-58-21.80 99.09 3.40 205.50 2008-06-01-01-57-24.30 121.37 20.13 35.00 

2007-01-17-04-28-26.70 139.83 -3.32 100.80 2008-06-03-16-20-50.40 161.27 -10.51 84.00 

2007-01-20-02-45-50.10 130.43 -5.53 139.20 2008-06-03-17-31-32.40 120.25 -8.17 14.00 

2007-03-22-06-10-43.10 86.78 -3.39 21.00 2008-06-03-22-04-27.90 120.23 -8.10 14.00 

2007-03-25-00-40-01.60 169.36 -20.62 34.00 2008-06-22-07-22-06.50 157.80 -8.86 10.00 

2007-04-03-03-35-07.30 70.69 36.45 222.10 2008-07-14-04-44-54.00 96.55 2.23 40.90 

2007-04-03-20-26-09.60 168.99 -20.63 12.00 2008-07-28-21-37-32.60 163.16 -10.61 10.00 

2007-04-04-11-00-27.40 168.83 -20.71 10.00 2008-09-01-17-19-11.70 126.04 4.54 108.70 

2007-04-04-11-02-29.60 169.06 -20.69 10.00 2008-09-04-09-37-04.00 167.10 -12.14 272.00 

2007-04-27-08-02-49.70 94.64 5.36 38.00 2008-10-20-04-54-19.90 120.66 0.10 102.30 

2007-05-29-01-03-27.90 151.84 -4.59 132.50 2008-10-21-13-00-48.00 127.73 -7.47 135.20 

2007-06-06-11-28-25.00 130.91 -6.72 86.60 2008-11-21-07-05-34.90 159.55 -8.95 118.00 

2007-06-28-02-52-09.60 154.63 -7.97 10.00 2008-11-22-16-01-01.70 101.26 -4.35 24.00 

2007-07-01-14-34-12.00 130.56 -5.93 134.60 2008-11-28-08-50-48.20 101.75 -4.74 27.00 

2007-07-15-09-27-34.50 168.60 -15.38 8.00 2008-12-06-10-55-27.10 124.74 -7.40 405.40 

2007-07-22-10-49-35.30 141.66 -2.80 10.00 2008-12-09-15-31-50.20 139.32 -2.81 45.40 

2007-07-27-14-46-26.90 170.94 -21.46 10.00 2008-12-10-13-15-34.40 166.57 -12.34 51.00 

2007-08-05-09-28-40.40 168.72 -19.15 45.10 2008-12-30-19-49-52.60 101.22 -4.30 20.00 

2007-08-08-17-04-57.80 107.68 -5.93 291.20 2009-01-03-19-43-50.70 132.88 -0.41 17.00 

2007-08-16-08-39-27.60 159.47 -9.83 10.00 2009-01-04-07-14-00.60 132.76 -0.40 35.00 

2007-09-12-23-49-03.70 100.84 -2.62 35.00 2009-01-06-22-48-27.20 133.43 -0.66 16.00 

2007-09-13-02-30-03.30 99.67 -1.69 28.90 2009-01-22-20-16-34.60 128.57 -7.31 146.70 
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2007-09-13-16-09-16.40 101.53 -3.16 48.80 2009-01-28-00-01-13.60 98.27 -0.26 14.00 

2007-09-14-06-01-32.30 101.17 -4.07 23.00 2009-02-24-05-57-59.70 146.31 13.79 5.00 

2007-09-19-07-27-50.70 100.89 -2.75 35.00 2009-09-02-07-55-01.00 107.30 -7.78 46.00 

2007-09-20-08-31-14.50 100.14 -2.00 30.00 2009-09-21-08-53-05.90 91.44 27.33 14.00 

2007-09-28-01-01-48.80 169.36 -21.20 10.00 2009-10-16-09-52-50.80 105.22 -6.53 38.00 

2007-09-28-01-35-52.00 169.37 -21.13 10.00 2009-11-08-19-41-43.40 118.63 -8.21 18.00 

2007-09-28-11-12-40.50 169.19 -21.40 10.00 2010-05-31-19-51-55.50 93.45 11.12 112.00 

2007-09-28-11-16-39.20 169.14 -21.33 10.00 2010-08-21-05-42-52.90 96.72 2.22 24.00 

2007-09-28-13-38-59.50 142.65 22.00 276.10 2010-09-17-19-21-15.00 70.77 36.44 220.10 

2007-09-29-15-36-44.50 169.24 -21.16 10.00 2010-10-25-22-59-53.40 100.46 -3.29 19.00 

2007-10-06-12-38-51.30 147.14 18.73 35.00 2010-12-21-14-07-47.00 95.94 2.74 18.60 

2011-02-15-13-33-53.20 121.48 -2.50 16.20 2011-01-17-19-20-57.20 102.65 -5.03 36.00 

2011-03-10-17-08-36.00 116.76 -6.86 508.10 2011-01-18-11-33-44.40 96.40 2.63 16.70 

2007-10-23-19-56-47.40 99.90 -2.00 30.00 2011-02-06-11-21-17.30 104.07 -8.27 13.00 

2007-11-22-23-02-13.00 95.06 4.74 49.30 2011-08-22-20-12-21.00 104.05 -6.28 29.00 

2007-11-25-02-51-57.20 101.16 -2.81 55.90     
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Figure S2.1a: Good quality tangential (middle panel) and the corresponding radial (right panel) 

seismograms, whose ScS reflection points sample the Indian Ocean Geoid Low region. Red and pink 

vertical lines indicate the observed S, ScS travel times respectively. Blue and green vertical lines indicate 

the theoretical S, ScS travel times respectively. The left panels show the epicentral distance of the events 

corresponding to the traces. 
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Figure S2.1b: Fair quality tangential (middle panel) and the corresponding radial (right panel) 

seismograms, whose ScS reflection points sample the Indian Ocean geoid low region. Red and pink 

vertical lines indicate the observed S, ScS travel times respectively. Blue and green vertical lines indicate 

the theoretical S, ScS travel times respectively. The left panels show the epicentral distance of the events 

corresponding to the traces. 
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Figure S2.1c:  Good quality tangential (middle panel) and the corresponding radial (right panel) 

seismograms, whose ScS reflection points sample the geoid high region. Red and pink vertical lines 

indicate the observed S, ScS travel times respectively. Blue and green vertical lines indicate the 

theoretical S, ScS travel times respectively. The left panels show the epicentral distance of the events 

corresponding to the traces. 
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Figure S2.1d:  Fair quality tangential (middle panel) and the corresponding radial (right panel) 

seismograms, whose ScS reflection points sample the geoid high region. Red and pink vertical lines 

indicate the observed S, ScS travel times respectively. Blue and green vertical lines indicate the 

theoretical S, ScS travel times respectively. The left panels show the epicentral distance of the events 

corresponding to the traces. 
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Table S3.1: List of selected events utilized for the PcP-P differential travel time analysis. 

Origintime Lat  

(º) 
Lon  

(º) 
Depth 

(km) Origintime Lat  

(º) 
Lon  

(º) 
Depth 

(km) 

1994-05-29-14-11-51.70 94.15 20.54 42.00 2001-07-31-09-43-14.50 103.34 -5.28 33.00 

1994-06-30-09-23-21.60 71.08 36.25 233.00 2001-09-20-02-01-51.80 115.04 -11.38 10.00 

1994-08-08-21-08-31.90 95.22 24.72 127.00 2002-01-24-18-12-05.30 95.66 3.53 33.00 

1996-12-09-03-54-16.30 107.49 -7.94 51.00 2002-08-26-14-55-13.90 105.71 -6.75 62.90 

1998-11-25-18-05-25.70 158.62 -7.86 47.90 2003-10-04-14-49-02.70 125.41 -7.05 532.70 

1998-04-27-23-51-35.70 113.10 -6.08 590.70 2003-11-18-17-14-22.60 125.42 12.02 35.00 

1998-06-17-18-49-03.10 130.16 -6.03 147.50 2003-05-26-23-13-29.70 123.71 6.76 565.80 

1998-08-28-12-40-58.70 125.02 -0.15 66.20 2004-02-20-05-58-45.20 166.45 -11.61 84.00 

1998-09-02-08-37-29.90 126.76 5.41 50.00 2004-02-03-23-09-31.60 140.38 -3.73 46.10 

1999-11-11-18-05-43.50 100.32 1.28 211.00 2005-10-15-15-51-07.20 123.36 25.32 183.40 

1999-12-12-23-24-18.40 128.15 -2.89 33.00 2005-12-03-16-10-42.40 130.26 29.34 47.90 

1999-12-13-09-30-39.70 127.11 2.08 84.60 2006-01-15-11-58-29.10 122.60 -7.83 264.80 

1999-12-19-03-38-32.30 131.33 -3.99 33.00 2006-01-01-08-47-13.40 95.14 4.74 51.50 

1999-12-21-14-14-57.60 105.56 -6.84 56.00 2006-01-21-04-07-04.70 93.27 13.03 52.70 

1999-02-05-11-39-45.20 166.97 -12.62 213.00 2006-11-18-13-57-53.80 94.77 4.74 29.00 

1999-03-16-03-32-16.30 125.67 2.68 114.20 2006-12-01-03-58-21.80 99.09 3.40 205.50 

1999-03-27-08-03-45.10 112.79 -9.68 33.00 2006-05-11-17-22-54.10 94.32 23.31 48.30 

1999-03-05-13-01-10.90 122.17 5.26 33.00 2006-06-16-02-56-17.00 121.80 1.28 25.70 

1999-06-18-10-55-25.80 126.64 5.51 33.00 2006-07-19-10-57-36.90 105.39 -6.53 45.00 

1999-06-22-00-47-42.90 133.95 -4.51 33.00 2006-08-02-14-45-04.60 116.85 -11.17 15.00 

1999-08-14-00-16-52.30 104.71 -5.89 101.40 2007-10-10-00-19-16.80 99.48 -1.74 27.30 

2000-01-02-12-58-42.30 -175.56 51.45 33.00 2007-10-04-12-40-31.10 92.90 2.54 35.00 
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2000-01-23-06-08-24.90 120.61 -7.97 46.80 2007-04-27-08-02-49.70 94.64 5.36 38.00 

2000-01-05-18-26-07.50 109.59 -9.19 33.00 2007-06-14-17-41-04.40 151.56 -5.65 41.00 

2000-02-13-18-19-42.30 127.07 5.69 141.40 2007-06-28-02-52-09.60 154.63 -7.97 10.00 

2000-04-18-06-23-15.60 128.46 4.02 33.00 2007-09-13-16-09-16.40 101.53 -3.16 48.80 

2000-04-03-15-20-02.00 125.61 4.08 150.00 2007-09-24-08-15-27.70 100.38 -3.16 35.00 

2000-07-10-10-39-39.00 103.76 -4.47 104.70 2008-10-18-00-54-39.70 147.27 -6.95 77.30 

2000-07-22-20-56-12.20 102.37 -4.07 69.10 2008-01-01-06-32-28.00 72.99 40.29 6.00 

2001-10-12-15-02-16.80 144.98 12.69 37.00 2008-01-09-08-26-45.50 85.17 32.29 10.00 

2001-10-14-01-10-45.60 110.63 -8.60 67.20 2008-12-10-13-15-34.40 166.57 -12.34 51.00 

2001-01-12-19-18-25.80 120.91 17.33 33.00 2008-06-03-16-20-50.40 161.27 -10.51 84.00 

2001-02-16-05-59-09.50 117.49 -7.16 521.00 2009-09-18-23-06-57.70 115.59 -9.14 79.00 

2001-02-21-15-22-20.80 102.45 -4.90 33.00 2009-09-02-07-55-01.00 107.30 -7.78 46.00 

2001-03-12-23-35-08.40 106.12 -7.21 33.00     

                                 

    

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 



Page 150 of 152 

 

Table S4.1: Summary of the previous studies of D′′ layer anisotropy across the globe (Modified after 

Nowacki et al., 2011).  
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Table S4.2: Anisotropic parameters for the receiver side (δtRec, ФRec) extracted from the published SKS 

database [W¨ustefeld et al., 2009]. Stn: Station, Lat: Latitude, Long: Longitude, Baz: Back azimuth 

corresponding to the individual SKS measurement.  
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Table S4.3: Anisotropic parameters for the source side (δtSrc, ФSrc) estimated from the   S phases corrected 

for receiver side anisotropy. Lat: Latitude, Long: Longitude, Recorded Stn: corresponds to the recorded 

station serial number listed in Table S4.2. 

  


